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Abstract 
Aerosols are formed, evolve, and are eventually removed within the general 

circulation of the atmosphere. The characteristic time of many of the microphysi-
cal aerosol processes is days up to several weeks, hence longer than the residence 
time of the aerosol within a typical atmospheric compartment (e.g. the marine 
boundary layer, the free troposphere, etc.). Hence, to understand aerosol prop­
erties, one cannot confine the discussion to such compartments, but one needs 
to view aerosol microphysical phenomena within the context of atmospheric dy­
namics that connects those compartments. This paper attempts to present an in­
tegrated microphysical and dynamical picture of the global tropospheric aerosol 
system. It does so by reviewing the microphysical processes and those elements 
of the general circulation that determine the size distribution and chemical com­
position of the aerosol, and by implementing both types of processes in a di­
agnostic model, in a 3-D global Chemical Transport Model, and in a General 
Circulation Model. Initial results are presented regarding the formation, trans­
formation, and cycling of aerosols within the global troposphere. 

1. Introduction 

Particles in the atmosphere arise from natural sources, such as wind-borne dust, 
sea spray, and volcanoes, and from anthropogenic activities, such as combus­
tion of fuels (Table 1). Emitted directly as particles (primary aerosol) or formed 
in the atmosphere by gas-to-particle conversion processes (secondary aerosol), 
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Table 1. Estimated global emission rates of particles into the atmosphere (Tg yr )̂ 

Source strength (Tg yr ^) Reference 

Sea salt 
Total 
0-2 Mm 
2-20 lom 

Soil dust 
< 1 |jm 

1-10 nm 
0.2-2 |um 
2-20 |jm 

Organic carbon 
Total 
Biomass burning 
Fossil fuel 
Terpene oxidation 

Black carbon 
Total 
Biomass burning 
Fossil fuel 

Sulfate (as H2SO4) 
Total 
Natural 
Anthropogenic 

Nitrate 

Ammonium 

5900 
82. 

2460 

250 
1000 
250 

4875 

69 
54.3 
28.8 
18.5 

12 
5.6 
6.6 

150 
32 

111 

11.3^ 

33.6 

'1 
Tegen et al. (1997) 

Gong et al. (1997) 

Tegen and Fung (1995) 

Penner, personal comm. 

Liousse et al. (1996) 

Penner, personal comm. 

Griffin et al. (1999) 

Liousse et al. (1996) 

Chin and Jacob (1996) 

Koch et al. (1999) 

Adams et al. (1999) 

Adams et al. (1999) 

^Nitrate source strength is based on a computed burden of 0.13 Tg and an assumed lifetime of 
4.2 d (same as ammonium). 

atmospheric aerosols range in size from a few nanometers (nm) to tens of mi­
crometers ()jm) in diameter. Once airborne, particles evolve in size and compo­
sition through condensation of vapour species or by evaporation, by coagulat­
ing with other particles, by chemical reaction, or by activation in the presence 
of supersaturated water vapour to become cloud and fog droplets. Particles 
smaller than 1 jum diameter generally have atmospheric concentrations in the 
range from 10 to 10,000s percm-^; those exceeding 1 jum diameter typically 
exhibit concentrations less than 10 cm~- .̂ 

There is evidence that anthropogenic particles, at concentrations typical of 
urban airsheds, directly affect human health. Biomass burning, especially in 
the tropics, leads to significant perturbations to tropospheric aerosol loadings 
in that region, perhaps accompanied by alterations of cloud behaviour. Aircraft 
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exhaust particles in the upper atmosphere are a source of ice and cloud nuclei. 
Atmospheric particles provide surfaces for heterogeneous chemical reactions 
that may influence gas-phase chemistry in the troposphere. It is not possible to 
survey each of these aspects in a review of modest length; consequently, we 
focus here on aerosol processes in the global atmosphere, the dynamics that 
shape the size and composition of the global aerosol. 

The first measurements of the aerosol number concentration in the at­
mosphere were performed by Aitken (1888) who used an expansion cham­
ber to make water vapour condense on the particles and make them grow to 
visible droplets. Aitken proclaimed that "without aerosols there would be no 
clouds and no precipitation". The water vapour supersaturation (= relative hu­
midity (%) - 100) created in the Aitken counter reached 300%, enough to ac­
tivate any particle. In the atmosphere, however, supersaturations of at most 2% 
are reached (Pruppacher and Klett, 1980), and Kohler (1936) showed that at 
such low supersaturations only those particles will activate that are sufficiently 
hygroscopic, i.e. particles that contain sufficient amount of soluble material 
to reduce the equilibrium water vapour pressure above the solution droplet. 
Hence, aerosol chemical and physical properties do control cloud droplet for­
mation, and accordingly cloud microphysical properties, precipitation poten­
tial and optical properties. There are now many observations that this is ef­
fectively the case (Boers et al., 1994; Cerveny and Balling, 1998; Rosenfeld, 
1999; Pawlowska and Brenguier, 2000; Johnson et al., 2000; Chuang et al., 
2000). 

Aerosols are important players in the hydrological cycle and climate system. 
It is therefore necessary to understand their cycling in the atmosphere, and to 
be able to predict their characteristics. Within the context of global climate 
change, aerosol studies have focused either on descriptions of global sources 
and spatial distributions of aerosols, neglecting the microphysical aspects, or 
they have focused on the microphysics of their formation and evolution, with­
out placing these processes in the context of atmospheric large-scale circula­
tion. In this paper we will review progress achieved by the two approaches, and 
we will attempt to synthesise a combined microphysical and dynamical picture 
of the global tropospheric aerosol system. We will also review observations 
of some key aerosol characteristics in a number of environments, which have 
been helpful to constrain our understanding of aerosols. In the model studies, 
presented at the end of the paper, we draw particularly from the global sulphur 
cycle because much has been learned recently about this cycle, and it serves 
as an excellent vehicle to discuss the effect of global circulation on aerosol 
properties and behaviour. 
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2. Microphysics of aerosol formation and evolution 

2.1, Processes 

Fig. 1 depicts generally the microphysical processes that influence the size 
distribution and chemical composition of the atmospheric aerosol, highlighting 
the large range of sizes that are involved in the formation and evolution of 
aerosol particles. Traditionally, atmospheric aerosols have been divided into 
two size classes: coarse (Dp > 1 fjm) and fine (Dp < 1 iiim), reflecting the 
two major formation mechanisms: primary and secondary. Both populations 
strongly overlap, however, in the 0.1-1 jiim diameter range. 

Primary particles that are derived from the break-up and suspension of bulk 
material by the wind, such as sea salt, soil dust, and biological material, have 
most of their mass associated with particles of diameters exceeding 1 (im, 
however, their highest number concentrations occur in the 0.1-1 îm range. 
For such emission mechanisms, the particle number concentration increases 
nonlinearly with increasing wind speed (O'Dowd and Smith, 1993; Schulz et 
al., 1998). Because of their low concentrations and large sizes, primary parti­
cles generally do not coagulate with one another, but they can mix with other 
species through exchange of mass with the gas phase. A particular and impor-

emissbns of gaseous prqpursofs emissions of primary particles 

homogeneous , nuclepion 
reactbns 
(OH, 03, N03, 

cfcy deposition 

activation & 
scavenging 

wet depoatlon 1 

gas molecules 

0.01 < Dn < 0.01 nm 
I Dp < 0.01 urn ^ 0.1 < Dp < 1 fim i < Dp < 10 nm 

I p a r t i c l e s cloud drops 

Figure 1. Scheme of the microphysical processes that influence the size distribution and chem­
ical composition of the atmospheric aerosol. The scheme highlights the large range of sizes that 
are involved in the formation and evolution of aerosol particles, and how aerosols participate in 
atmospheric chemical processes through homogeneous, heterogeneous and in-cloud reactions. 
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tant type of primary particles are soot particles formed in combustion. Initially 
they are formed at high concentrations within the combustion process as par­
ticles with a diameter of 5-20 nm. They coagulate however rapidly to form 
fractal-like aggregates, which, in turn, will collapse to more compact structures 
of several tens of nanometers due to capillary forces of condensing vapours. 

Secondary aerosol mass is formed by transformation of gaseous compounds 
to the liquid or solid phase. This occurs when the concentration of the com­
pound in the gas phase exceeds its equilibrium vapour pressure above the 
aerosol surface. In the atmosphere, several processes can lead to such a state 
of supersaturation: 

(1) gas-phase chemical reactions leading to an increase in the gas-phase 
concentration of compounds with low equilibrium vapour pressure. Examples 
are: 

SO2 + OH -^ (known reaction scheme) -^ H2SO4, 

N 0 2 + O H - > H N 0 3 , 

a — pinene + O3 -> (unknown reaction scheme) -> pinic acid, 

(2) lowering the ambient temperature leading to a lowering of the equilib­
rium vapour pressure above the aerosol, 

(3) formation of multicomponent aerosol, so that the equilibrium vapour 
pressure of the single compounds above the aerosol is lowered by the presence 
of other species in the aerosol (Raoult effect). 

The equilibrium vapour pressure over a spherical particle increases with in­
creasing curvature of the particle (Kelvin effect), hence the equilibrium vapour 
pressure above molecular clusters formed by random collisions is much larger 
than that above a film on a pre-existing particle or flat surface. Consequently, 
molecular clusters will generally evaporate. Their growth to a stable size, i.e. 
nucleation, will be favoured primarily by the absence of pre-existing aerosol 
surface, and by extreme realisations of the three processes described above. 
Classical nucleation theory predicts that nucleation is highly nonlinearly de­
pendent on the concentration of the nucleating species in the gas phase. 

When nucleation does occur, the new particles grow by condensation and 
self-coagulation. As particles reach a diameter of the order of the mean free 
path length of the condensing molecule (typically about 60 nm), condensation 
becomes diffusion limited and slows down. Also, self-coagulation, which is 
a second-order process, eventually quenches as number concentrations fall. 
Hence, under background tropospheric conditions, particles formed initially 
by nucleation require days to weeks to grow larger than about 0.1 fam solely 
by condensation and coagulation. Under polluted, urban type conditions, this 
growth can occur within a day (Raes et al., 1995). 
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One straightforward way of accumulating secondary aerosol species in the 
0.1-1 iLim diameter range is by condensation on primary particles emitted in 
that range. Another more elusive but important growth process is by chemical 
processing in non-precipitating clouds (Mason, 1971; Friedlander, 1977; Hop-
pel et al., 1986, 1994a). This process begins with the activation of aerosols, 
which is the uncontrolled uptake of water once water vapour becomes super­
saturated above a certain critical limit. According to traditional Kohler theory, 
the critical supersaturation for activation depends on the amount of soluble ma­
terial in the particle and its hygroscopicity, i.e. tendency of the material, once 
dissolved, to lower the equilibrium water vapour pressure over the solution 
(Pruppacher and Klett, 1980). The critical supersaturation needed to activate 
all particles larger than a given dry size increases with decreasing particle size. 
When the supersaturation in an air parcel rises, cloud activation will there­
fore preferentially occur on larger particles. The rapid condensation of water 
quenches a further increase of the supersaturation (which usually does not ex­
ceed 2%), so that activation is limited to a subset of particles (cloud conden­
sation nuclei, CCN). For example, for pure ammonium sulphate aerosol and 
a maximum supersaturation of 0.2%, typical for marine stratus clouds, only 
particles larger than about 80 nm in diameter will activate. Once a droplet is 
formed, gaseous species like SO2 can dissolve and be oxidised in the aque­
ous phase. When the droplets evaporate, the residue particles are larger than 
the original CCN upon which the droplets formed as a result of the addi­
tional oxidised material, e.g. sulphate from the following aqueous-phase re­
actions: 

S(IV)+03->S(VI) + 02, 

S(IV) -h H2O2 ^ S(VI) -h H2O. 

Reactions occurring in clouds might also occur in non-activated aerosol so­
lution droplets, however, with different efficiencies because of the larger ionic 
strength in such droplets. Moreover, some gases might also react on the aerosol 
surface producing products that might either remain on the particle or return 
into the gas phase. Examples are the heterogeneous conversion of NOĵ  to 
HONO on fresh soot aerosol (Ammann et al., 1998) and halogen release from 
sea salt (Vogt et al., 1996). 

Aerosols are removed from the atmosphere by dry and wet processes. Small 
particles (Dp < 1 jum) diffuse to the Earth's surface, a process which becomes 
less efficient as the particle size increases. Large particles (Dp > 1 \xm) set­
tle gravitationally, a process which becomes less efficient as the particle size 
decreases. In the range 0.1 < Z)p < 1 jum, dry removal is very slow, and the for­
mation and growth processes discussed above tend to accumulate the aerosol 
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in this size range. These particles, when they have the right hygroscopic prop­
erties, will be removed mainly by activation in clouds and subsequent precipi­
tation. 

It has become generally accepted to name particles with a diameter in the 
range 0.1 < Dp < 1 |im Accumulation mode particles, particles in the range 
0.01 < Dp < 0.1 \miAitken mode particles, and particles with Dp < 0.01 inm 
Nucleation mode particles. Particles with Dp > 1 [im are called Coarse mode 
particles. The idea to represent the aerosol size distribution with a number of 
log-normally distributed modes is supported by measurements (see Section 3) 
and was first ventured by Whitby (1978). 

Each of the processes in Fig. 1 has a characteristic time. Table 2 presents 
such times for some of these processes. They are derived in Appenix A con-

Table 2. Aerosol properties and characteristic times of processes in various atmospheric com­
partments. As the characteristic time the "e-folding time" is used, i.e. the inverse relative rate of 
change of a property through a process. (See Appendix A) 

Continental boundary layer Marine boundary layer Free troposphere 
Urban Sub-urban Polluted Clean Clean Dust 

Characteristic time for coagulation with Aitken and accumulation mode, and with clouds (d) 
Nucleation 0.036 0.095 
(Dp = 6 nm) 
Aitken 0.2 0.7 
(Dp = 60 nm) 
Accumulation 1.4 4.8 
(Dp = 300 nm) 

Characteristic time for volume production by condensation (d) 
Nucleation mode 0.5 1.0 2.4 1.5 0.5 
Aitken mode 1.1 2.6 42 11 1.6 94 
Accumulation 5.0 12 97 52 5.5 206 
mode 
All aerosol 4.5 12 83 49 4.9 156 

Characteristic time for volume production by cloud processing (d) 
Activated aerosol 0.16 0.42 3.0 1.8 

Characteristic time for wet deposition of volume (d) 

0.14 

1.1 

10 

1.0 

7.6 

66 

9.4 

34 

754 

2.8 

11 

168 

All aerosol 

Residence time 
SO2 (pptV) 
fraction SO4 
Mot (/cm^) 
N (Dp > 80 nm) 

(/cm^) 

Compartment 
Iday 5-10 < 
1000 600 
0.2 0.3 
35000 6500 
4520 2695 

Properties 
days 1-2 weeks 

100 
0.5 
2600 
1866 

0.5-50 

1-2 weeks 
20 
0.5 
480 
181 

2 ^ weeks 
20 
0.5 
300 
65 

2-4 weeks 
20 
0.5 
550 
186 
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sidering conditions that are typical for various atmospheric compartments. In 
order to understand the behaviour of aerosols in a given compartment, it is 
useful to compare the process characteristic times with the compartment res­
idence times. Loss processes (coagulation, deposition) which occur on a time 
scale that is small compared to the compartment residence time, indicate an 
unstable, i.e. decaying, property. Time scales that are long compared to com­
partment residence times lead to stable properties within the compartment and 
inter-compartment exchange of those properties. For instance, the extremely 
short residence time of nucleation mode particles in the boundary layer, due 
to coagulation with larger particles, implies that they can only be observed in 
the immediate vicinity of their sources. Hence, as these ultrafine particles are 
frequently observed in the polluted continental boundary layer (see Fig. 2), the 
urban and sub-urban continental compartment must contain sources for nucle­
ation mode aerosol. The absence of a persistent nucleation mode in the MBL 
indicates that in this case no strong in-situ sources for this mode are avail­
able. However, occasional nucleation bursts could temporally occur leading 
to an unstable and rapidly decaying nucleation mode. Because of their short 
life time, nucleation mode particles are generally not exchanged between the 
atmospheric compartments, unless they happen at the boundaries of such com­
partments. Accumulation mode particles on the other hand decay much slower 
and as such they can travel from one compartment to the other, mixing their 
properties with the ones of newly formed aerosol within the next compart­
ment. 

A comparison of the time scales for condensation and cloud processing show 
that cloud processing is the major mechanism for growth. Obviously, this ap­
plies only for particles that are activated in clouds. In the urban boundary layer, 
enough condensing material is available to maintain the Aitken mode mass 
(tcond < r̂es)- When a polluted air mass advects over the ocean, it is cut off 

Figure 2. Number {N) and Volume (V) size distributions observed at (a) an urban site (Mi­
lan, Italy); (b) a con-urban site (semi-rural area 50 km from Milan, Italy); (c) a marine bound­
ary layer site, 2 days downwind the European continent (Tenerife in the north-east Atlantic); 
(d) a marine boundary layer site during transport from the open Atlantic (Tenerife); (e) north-east 
Atlantic lower free troposphere (FT) during background conditions (Tenerife, 2360 m altitude), 
(f) north-east Atlantic lower free troposphere during African dust transport in the FT (Tenerife, 
2360 m altitude). Black lines are data obtained with a differential mobility analyser. Gray lines are 
data obtained with an optical particle counter (Grimm Dustcheck®) (b), or aerodynamic particle 
sizer (APS®, TSI Inc.) (c-0, (data not avialable for urban site). 
Mean chemical composition (C) of the sub-micron aerosol (|ng/m^). Data represent similar con­
ditions as for the N and V size distributions, but for case (a), (b) and (f) they are not obtained 
concurrently. The unknown fraction (unk) was calculated by comparing the sum of the quantified 
aerosol components with the sub-micron aerosol mass calculated from sub-micron particle volume 
size distributions (data not available at the urban and rural sites). 
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from the aerosol precursor sources, condensation becomes too slow to main­
tain the continental aerosol loading, so aerosol volume decays. 

2,2. Recent advances and remaining issues 

Fig. 1 integrates knowledge that is available, at least qualitatively, since the 
middle of the 1980s. This knowledge resulted from theoretical developments 
(e.g. Fuchs, 1964; Friedlander, 1977) as well as key observations (Whitby, 
1978; Hoppel et al., 1990; Section 3). However, during the last decade major 
progress has been made in dealing with the various chemical species that can 
be involved in one or more of the processes depicted in Fig. 1, and with the 
multicomponent nature of the atmospheric aerosol in general. 

2,2.1. Nucleation 

With respect to nucleation, it has in general been presumed that the princi­
pal gas-phase species involved in atmospheric nucleation is H2SO4, and that, 
if particle formation occurs, it does so via binary nucleation of H2SO4-H2O 
(Jaecker-Voirol and Mirabel, 1989; Kulmala et al., 1998). Except for the case 
of cloud outflow (see below), observed rates of new particle formation signif­
icantly exceed predictions based on classical H2SO4-H2O nucleation theory 
(Clarke et al., 1998a; Weber et al., 1996). It has been suggested that NH3, an 
ubiquitous molecule in the troposphere, enhances nucleation rates of H2SO4-
H2O beyond the binary rate (Coffman and Hegg, 1995). Korhonen et al. (1999) 
have derived a ternary H2SO4-H2O-NH3 nucleation theory that predicts in­
deed substantial enhancement, and model studies predict an ubiquitous pres­
ence of stable H2SO4-H2O-NH3 clusters, which, however, remain too small 
to be detected (Z)p < 3 nm) (Kulmala et al., 2000). Laboratory studies show 
that oxidation of volatile organic carbon (VOC) leads to new particle forma­
tion through nucleation. In the case of biogenic VOCs some oxidation products 
with low equilibrium vapour pressure have been identified (Christoffersen et 
al., 1998; Yu et al., 1999; Glasius et al., 1999). Regardless of the species in­
volved, or the specific theoretical expression used for predicting nucleation, 
nucleation is a process that strongly depends on the gaseous precursor con­
centration, relative humidity and temperature. This implies that fluctuations 
in atmospheric conditions may play a major role in determining the location 
and magnitude of nucleation in the atmosphere (Easter and Peters, 1994). Such 
fluctuations might occur preferentially when mixing different air masses (Hegg 
et al., 1992; Nilsson and Kulmala, 1998). Finally it has been pointed out that 
nucleation around ions is energetically more favourable than homogeneous 
nucleation and that in certain atmospheric conditions it would dominate the 
particle formation process (Hamill et al., 1982; Raes et al., 1986). Recent the­
oretical developments including a whole range of ion-molecule and ion-ion 
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interactions, promote "ion-mediated nucleation" as the explanation to close 
gap between theory and observations (Turco et al., 1998). 

At present, however, whether or not NH3 or organics or fluctuations or ions 
are responsible for enhanced nucleation has yet to be verified experimentally. 

2.2.2. Condensation 

Semi-volatile species, like ammonium nitrate and many organics, will tend to 
distribute themselves between gas and aerosol phases to achieve thermody­
namic equilibrium (Wexler and Seinfeld, 1990). Condensation occurs when 
the equilibrium shifts towards the aerosol phase. 

In the case of inorganic species, the time scale over which this equilibration 
takes place has been analysed (Meng and Seinfeld, 1996); depending on the 
particle size and ambient conditions, equilibration times can vary from seconds 
to hours. Inorganic thermodynamic equilibrium models have been developed 
over the past two decades, reaching a state of maturity in terms of thermo­
dynamic properties, such as condensed phase activity coefficient parameter-
izations, and computational implementation (Zhang et al., 2000). Originally 
developed to simulate gas-aerosol equilibrium in urban and regional-scale at­
mospheric models, inorganic gas-aerosol equilibrium models have now been 
embedded into general circulation models to predict the global distribution of 
sulphate-nitrate-ammonium aerosols (Adams et al., 1999). Predictions of the 
phase distribution of inorganic aerosol species are in general agreement with 
observations (Adams et al., 1999). 

In the case of organic semi-volatile species much progress still is to be made. 
Because of the large number of such compounds in the atmosphere and because 
methods to predict their thermodynamic properties in complex organic-water 
mixtures pose significant theoretical challenges, gas-aerosol thermodynamic 
models for organic atmospheric species are not yet available. Experimentally 
based gas-particle distribution factors for complex mixtures generated by the 
photo-oxidation of hydrocarbons are available (Odum et al., 1996; Griffin et 
al., 1999b); however, the goal is fundamentally based thermodynamic models 
that predict the phase partitioning of individual organic compounds between 
the gas phase and complex organic-inorganic-water mixtures. Such models 
would allow first-principles prediction of the amount of organic aerosol formed 
from primary or secondary organic species in the atmosphere. Such models are 
currently under development. 

2.2.3. Degree of chemical mixing 

In treating multicomponent aerosols, the issue arises whether the components 
are mixed within a single particle (internal mixing), or whether the various 
components are present as pure particles (external mixing). The manner in 
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which different aerosol species are mixed in individual particles affects both 
optical and hygroscopic properties (Heintzenberg and Covert, 1990). The only 
processes depicted in Fig. 1 that lead to aerosols that are externally mixed from 
pre-existing aerosol are nucleation and primary emissions. The remainder of 
the processes lead to internal aerosol mixtures. The degree of "internal mix­
ing", that is the degree to which the chemical composition of each individual 
particles resembles that of the bulk, will increase with the time available for 
interaction, hence with the residence time of the aerosol in the atmosphere. 
In urban and polluted continental conditions, the characteristic times of many 
of these interactions (see Table 2) are small, and internal mixing will occur 
on a short time scale. However, these regions provide generally also sources 
for primary and nucleated secondary aerosol, enhancing external mixing. Field 
observations have indeed shown that in continental areas, two distinct aerosol 
types with different hygroscopic properties are often present, a direct indica­
tion of externally mixed aerosol (e.g. Zhang et al., 1993; Svenningsson et al., 
1994). In aged polluted air masses, such as found in continental plumes over 
the ocean, this feature is not observed, suggesting a chemically more homo­
geneous (sub-micron) aerosol (Swietlicki et al., 2000), in agreement with the 
long residence, hence interaction, times. 

2.2.4. Aerosol activation 

The understanding of activation of aerosols to cloud droplets, and, in partic­
ular, the role of organic species in this process, is rapidly evolving. Whereas 
before only the inorganic salts were considered to constitute the soluble aerosol 
fraction, it is now clear that a large fraction of aerosol organics is water solu­
ble (Saxena et al., 1995; Saxena and Hildemann, 1996), and there is indirect 
evidence that these species contribute to the chemical composition of CCN 
(Novakov and Penner, 1993). Laboratory studies have shown that oxidation 
products of biogenic compounds, like terpenes, are only slighdy hygroscopic; 
however, internally mixed with ammonium sulphate particles, these organic 
products do not inhibit water uptake by forming an impermeable layer, but 
rather mix homogeneously with the ammonium sulphate in the solution droplet 
(Virkkula et al., 1999). 

The formation of layers is expected when organic surfactants are mixed with 
solution droplets. Surfactants have been found in fog droplets in polluted air 
masses, however their overall effect on the aerosol activation process is com­
plex (Li et al., 1998). On the one hand, surfactants will reduce the surface 
tension of the droplets (as recently observed by Facchini et al. (1999)), hence 
decrease the supersaturation needed to activate them. On the other hand their 
presence will reduce the molality of the solution because of their high mole-
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cular weight, and therefore increase the supersaturation needed to activate the 
droplet. 

One further effect on aerosol activation is that, apart from water vapour, 
other soluble vapours can co-condense during the activation process, increase 
the solute content of the droplet and eventually decrease the supersaturation 
needed for activation. Theoretical work showed that in aerosol mixtures con­
sisting of weakly soluble substances interacting with water vapour and other 
soluble gases present in the atmosphere (like HNO3), particles can grow to 
cloud droplet sizes (--10 |Lim) at RHs below 100% (Kulmala et al., 1997). In 
order to describe the effects mentioned above, the traditional Kohler theory 
has been generalised to a multi-component multi-phase theory (Shulman et al., 
1996; Kulmala etal., 1997). 

All these studies indicate that the number of cloud droplets critically de­
pends on the detailed physico-chemical properties of the initial individual 
aerosol particles, which in turn are determined by the complex of processes 
shown in Fig. 1. 

3. Observations 

3,1, Size distributions 

Measurements of the atmospheric aerosol size distributions were essential in 
identifying the various processes involved in the formation and evolution of 
the atmospheric aerosol (Whitby, 1978; Hoppel et al., 1986, 1990). Jaenicke 
(1988) has reviewed such measurements up till the early 1980s and made a 
climatology of aerosol size distributions. Fig. 2 shows a similar climatology 
of number distributions and corresponding volume distributions as a function 
of particle diameter, obtained more recently by our groups with state-of-the-
art aerosol counting and sizing equipment (Van Dingenen et al., 1995, 1999; 
Raes et al., 1997). They will be discussed in detail below. The improvement in 
aerosol measuring equipment is likely to be the main reason for the difference 
between the Jaenicke climatology and the present collection of distributions. 
Note that Fig. 2 shows the dry aerosol size, and that under ambient conditions 
the uptake of water may lead to a diameter growth by a factor up to 1.7. Log-
normal parameters for the distributions in the sub-micron aerosol fraction (i.e. 
below 1 (im dry diameter) are given in Table 2. 

3.1.1. Urban environment (traffic rush hour) (Fig. 2a) 

The size distribution contains three modes. The maximum in the nucleation 
mode is around 15 nm diameter. This small particle mode appears consis-



532 F. Raes et al. 

tently during traffic rush hours in the morning and the evening, and can thus 
be Hnked to emissions from cars. The total particle concentration is of the 
order 3 x 10^ cm~^. Aitken and accumulation mode are merged into a broad 
mode. Considering the process time scales (Section 2), the Aitken mode can be 
explained by coagulation and condensational growth of nucleation mode parti­
cles, whereas the accumulation mode is a more aged aerosol, advected with the 
regional scale circulation, and formed by cloud processing and condensation. 

3.1.2. Sub-urban environment (Fig. 2b) 

The distribution shown is typical for a sunny summer day at noon. Also in 
this case numerous small particles are often observed, in particular when the 
total aerosol surface area is low. This indicates that these particles result from 
photochemically induced nucleation. Total number concentration is of the or­
der 0.5-10 X 10"̂  cm~-̂ . The high Aitken mode concentration is unstable with 
respect to coagulation (Table 2), indicating that it is freshly formed by coagu­
lation and growth of the nucleation mode. The third mode is again the stable 
accumulation mode, aged (by cloud processing and coagulation) and advected 
into the area. A distinct coarse mode is also observed in the number and, a for­
tiori, in the volume size distributions. Chemical analysis shows that this mode 
contains mainly dust. 

3.1.3. Polluted marine boundary layer (Fig. 2c) 

The distribution represents a continentally derived aerosol which has advected 
for two days over the ocean. A fairly unimodal size distribution is observed 
below 1 fim, and a coarse sea-salt mode appears above 1 jiim. The ultrafine 
particles observed in the continental aerosol have vanished, and number con­
centrations are reduced to about 2500 cm~-̂ . The time scales discussed above 
show that this type of distribution might further evolve through cloud process­
ing. Although the size distribution still clearly shows a pollution signature (el­
evated number and volume compared to marine background), the two days of 
ageing in the MBL have made it chemically internally mixed, as shown by 
hygroscopicity measurements (Swietlicki et al., 2000). 

3.1.4. Clean MBL (Fig. 2d) 

The size distribution shows the typical tri-modal structure, with a pronounced 
Aitken mode, accumulation mode, and the coarse sea-salt mode. The minimum 
in particle number between the Aitken and accumulation mode is a result of 
cloud activation of those aerosols sufficiently large to act as CCN, followed 
by in-cloud chemical reactions and re-evaporation. In most cases no particles 
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smaller than 20 nm are observed, indicating that nucleation is not a major 
process in the remote MBL. The number is again reduced compared to the 
previous case and is in the range of 200-500 cm~^. 

3.1.5. Background lower free troposphere (2300 m asl) (Fig. 2e) 

Size distributions generally have a multi-modal shape, with a dominant mode 
around 60 nm. Number concentrations range between 300 and 500 cm~^. Re­
cent observations (Maring et al., 2000) have shown that the mode round 60 nm 
correlated with Be-7, a tracer for upper troposphere air masses. Its form and 
number concentration have been explained by self-preserving theory (Lai et 
al., 1972; Raes, 1995), which, predicts that a coagulating and growing aerosol 
population eventually develops a (close to) lognormal size distribution and 
number concentrations that are independent of the initial size distribution and 
number concentration. The mode centred around 100-200 nm is related to an­
thropogenic tracers like sulphate (Maring et al., 2000). Background FT aerosol 
does not contain a significant coarse mode; the number of coarse particles is 
generally below 0.01 cm"^. 

3.1.6. Saharan dust layer (FT, 2300 m asl) (Fig. 2f) 

This distribution illustrates a particular case of continentally derived aerosol 
(Saharan dust) injected into the FT and transported over long distances. The 
sub-micron aerosol shows a broad accumulation mode, in addition to a very 
pronounced coarse mode, obviously containing dust particles (some tens of 
coarse particles per cm^ (Maring et al., 1999)). The accumulation mode is 
strongly enhanced compared to the 200 nm "pollution" mode in the back­
ground FT. The air masses into which the dust was injected, often contain an­
thropogenic pollution that was previously picked up. The interaction between 
these two aerosol types is of interest as it will determine the optical and cloud 
activation properties of the dust. 

3.2. Chemical composition 

Measurements of the chemical composition are important to identify the var­
ious sources contributing to the aerosol as well as its effect. Heintzenberg 
(1989) has reviewed the data until 1986 and reconstructed grand average chem­
ical compositions for the sub-micron aerosol in a number of environments. 
Fig. 2 shows the average relative contributions of chemical compounds in the 
sub-micron fraction of the aerosols for the same environments discussed above. 
We will denote with PMl the total aerosol mass in this size fraction. 
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3.2.1. Urban/sub-urban environment (Figs. 2a and b) 

Preliminary chemical mass closure results indicate that the sub-micron urban 
aerosol is characterized by the highest PMl concentration (>40 |igm~^), and 
the highest black carbon (BC) contribution (>8%). At a sub-urban site, 50 km 
away from a major urban centre, PMl is already decreased by a factor of two. 
The aerosol sub-micron composition at the sub-urban site is close to what is 
observed at the urban site, except for primary aerosols, BC and dust which 
are significantly reduced. Organic compounds (OC) might represent the main 
component of the sub-micron aerosol a both urban and sub-urban sites (about 
40%). However, OC data are affected by large and difficult to assess uncertain­
ties (Putaud et al., 2000). At both sites, NO^ and 804" are fully neutraUzed 
byNH+. 

3.2.2. Clean and polluted MBL (Figs. 2c and d) 

Chemical mass closure was achieved by comparing results of chemical analy­
ses with size distribution measurements. The striking feature of the polluted 
MBL aerosol composition is the predominance of nss-S04. The polluted MBL 
nss-S04 concentration is indeed comparable to the rural site nss-S04 concen­
tration. This could be due to the presence of specially important SO2 sources 
(coal power plants?) upwind of the MBL sampling site, which was on Tener-
ife, Canary Islands. It is also interesting to notice that the contribution of NO^ 
to PMl is very small. This can be explained by the displacement of the equi­
librium NH4NO3 ^ NH3 -h HNO3 above the ocean through the reaction of 
HNO3 with sea salt: 

NaCl -f- HNO3 -^ NaN03 + HCl. 

Actually, the concentration of NO^ in the supermicron fraction averages 
1.6 |Ligm~^ in the polluted MBL, i.e. 20 times more than in the fine fraction. 
In the background North Atlantic MBL, nss-S04 remains the main PMl com­
ponent. Measurements of MSA, an indicator for DMS particulate oxidation 
products, suggest that oceanic biogenic sources could account for up to 50% 
of the background nss-S04. The relative contribution of OC is twice as high 
as in the polluted MBL. Even at moderate wind speed (5 ms~'), sea-spray 
contributes significantly to sub-micron aerosol mass in the background MBL 
(24%). 

3.2.3. Background free troposphere (2300 m asl) (Fig. 2e) 

PMl is as low as 0.4 |ugm~^. OC may be the main component of the sub-
micron aerosol. Estimation of the uncertainties in OC mean concentration in-
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dicates that its contribution to the aerosol sub-micron mass is in the range 
31-56%. 

3.2.4. Saharan dust layer (FT, 2300 m asl) (Fig. 2f) 

During transport events out of North Africa, mineral dust is the main compo­
nent of sub-micron aerosol in the FT. However, the S04~/Ca^+ ratio observed 
during dust events is significantly higher than in fine Saharan sand grains and 
glacier ice cores representative of pre-industrial times (Schwikowski et al., 
1995). This suggests that the desert dust plumes transported over the Atlantic 
Ocean tend to be mixed with pollution aerosol. 

4. Modelling the clean marine boundary layer 

The existence of significantly different size distributions and chemical compo­
sitions in various environments (see Section 3) has led the aerosol community 
to think in terms of atmospheric compartments, such as the marine boundary 
layer, the continental boundary layer, the free troposphere. Of those, the MBL 
has been studied extensively, because of its dominant role in the climate system 
(Charlson et al., 1987) and because of it simplicity relative to others. 

The aerosol in the marine boundary layer (MBL) has traditionally been di­
vided into two categories, that derived from sea salt and that from all non-
sea salt (nss) sources. The dominant chemical component of the non-sea salt 
aerosol is sulphate. It has been established that the principal source of this 
sulphate in areas uninfluenced by anthropogenic sources, is gaseous DMS pro­
duced by phytoplankton in surface (Charlson et al., 1987; Ayers et al., 1991; 
Calhoun et al., 1991). A major question concerns the sensitivity of the levels of 
MBL aerosol number concentration to the sea-surface DMS emission rate, and 
correspondingly, the importance of other processes in controlling the levels of 
particles over the remote ocean (Bates et al., 1998). 

The first studies dealing with this question, relied on box models of the 
MBL, and implemented descriptions of those processes in Fig. 1 dealing with 
sea-salt and sulphate aerosol formation (Raes and Van Dingenen, 1992; Russell 
et al., 1994). Model results, however, converged and were in better agreement 
with the observed size distributions only when entrainment of aerosol from the 
free troposphere was considered as a source of aerosol number in the MBL 
(Raes, 1995; Capaldo et al., 1999). 

Indeed, whereas a few measurements have been reported of the occurrence 
of large numbers of ultrafine particles following rain events or strong subsi­
dence of free tropospheric air (Covert et al., 1992,1996; Hoppel et al., 1994b; 
Clarke et al., 1998a), observations generally indicate that subsidence from the 
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free troposphere is the main process controUing MBL aerosol number concen­
tration (Clarke et al., 1996b; Bates et al., 1998; Raes et al., 1997; Van Dingenen 
et al., 1999, 2000). 

In a recent study, Katoshevski et al. (1999) have simulated the relative in­
fluence of sources and sinks of particles using a simplified model of the clean 
MBL. Based on the typical conditions considered, MBL aerosol number con­
centration is predicted to be dominated by free tropospheric aerosol under vir­
tually all conditions: 89% in the average case they consider, and even 69% at a 
17 ms~^ wind speed. MBL aerosol mass, on the other hand, is dominated by 
sea salt particles: 62% in the base case and 98% at a wind speed of 17 ms~^ 
Even under conditions when a high rate of nucleation is presumed to occur, still 
only about 5% of the total particle number, on average, is predicted to be pro­
vided by nucleation events. Cloud processing, while not a major contributor to 
aerosol number, does provide, except under high wind conditions, the order of 
20% of the aerosol mass. Although nucleation occurs only infrequently in the 
MBL and does not contribute appreciably to long-term average aerosol num­
ber or mass, nucleation can replenish particles in brief, intense episodes when 
aerosol surface areas are substantially reduced by precipitation. 

In summary, the studies of aerosol formation and evolution in the clean MBL 
have highlighted that the aerosol characteristics observed within a certain com­
partment, cannot always be explained by processes occurring within that com­
partment. Instead, exchanges between compartments can play a major role. 
This is in agreement with the result of the time scale analysis in Section 2.1. 
We argue that it is necessary to consider general atmospheric circulation which 
connects marine and continental boundary layers and the boundary layer with 
the free troposphere, in order to understand the different characteristics of the 
aerosol throughout the global troposphere. 

5. Global atmospheric circulation and the life cycle of the tropospheric aerosol 

5.1, Tropospheric general circulation 

Tropospheric general circulation is characterised by rapid, localized upward 
motion due to convection (in the tropics) or slantwise ascent along frontal sur­
faces (in the mid-latitudes), which is compensated by relatively slow and large-
scale subsidence in the sub-tropical and polar regions. Horizontal transport 
in the lower and upper troposphere connects areas of upward and downward 
transport, in what are supposed to be toroidal circulation patterns. Long-term 
averages of both the meridional and zonal wind fields in the tropics/sub-tropics 
reveal the existence of these patterns, which are called the Walker and Hadley 
circulations, respectively (see Fig. 3). In a snapshot of the global wind fields. 
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Figure 3. Global circulation in the tropics/subtropics, after Newell (1979). Convection occurs 
preferentially over the continents, whereas subsidence occurs over the oceans. The subsidence 
inversion creates a well-defined marine boundary layer, which is topped by stratiform clouds. 

these toroidal circulations are less evident (Newell et al., 1996; Wang et al., 
1998). 

Subsidence over the sub-tropical oceans leads to the existence of a temper­
ature inversion and the creation of a marine boundary layer, which is topped 
by vast stratiform clouds. Thus in the subtropics there is a clear separation be­
tween the marine boundary layer and the free troposphere aloft, whereas in 
convective regions this separation is less clear. 

The general circulation is described by global observations of fields of winds 
and other meteorological parameters (Oort, 1983), or it can be reproduced by 
General Circulation Models (GCM's) from basic physical principles. Using the 
observed climatologies, or off-line versions of the GCMs, Chemical Transport 
models (CTMs) have been built in which the descriptions of emissions, trans­
port, transformations and removal of chemical species have also been consid­
ered (Zimmermann, 1984; Heimann et al., 1990). 

5,2. Recent progress and remaining issues 

5.2.1. Global budgets and mass concentration fields of individual aerosol species 

Major progress has been achieved in simulating the global distribution of tro-
pospheric aerosol mass using global CTMs. The first simulation of the global 
distribution of biogenic and anthropogenic sulphur (Langner and Rodhe, 1991) 
lead to the recognition that anthropogenic sulphate aerosols may have a sig­
nificant impact on the global radiation balance (Charlson et al., 1991). This 
spurred a large interest, and simulations of the global mass distributions for 
the aerosols types listed in Table 1 followed. Despite the simplification of con­
sidering each aerosol type independently, these studies were important to relate 
emissions to global distributions, to construct global and regional budgets, to 
estimate the contribution of anthropogenic sources to the burden of aerosol 
species that are also produced naturally, and to draw attention to elements of 
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the general circulation that are important in aerosol transport, in particular deep 
convection (Feichter and Crutzen, 1990). 

5.2.2. The role of deep convection 

The high updraft velocities in convective clouds and the corresponding super-
saturations up to 2% lead to activation of soluble aerosol particles with diam­
eters as small as 0.01 jum; partly soluble particles activate at somewhat larger 
diameters. Soluble trace gases in these updrafts will be taken up by the cloud 
droplets. Precipitation, which, on a global scale, is produced mainly in con­
vective clouds, eventually removes the activated particles and dissolved gases. 
During convective cloud transport a separation therefore occurs between solu­
ble species that are rained out and insoluble species that are pumped into the 
free troposphere (Rodhe, 1983). 

Initially it was supposed that convective transport of fairly insoluble DMS 
and its subsequent oxidation to SO2 and H2SO4 and MSA was the main source 
of sulphate aerosol in the background free troposphere (Chatfield and Crutzen, 
1984). Recent simulations of convective transport (Wang et al., 1995) and, in 
particular, measurements over the Western Pacific (Thornton et al., 1997), now 
suggest that DMS contributes only 1-10% to the SO2 in the upper troposphere 
over the Northern Hemisphere. 

Fig. 4 shows the fraction of total SO2 derived from DMS oxidation in the 
upper troposphere (300 mb) as simulated by the GISS GCM IF aerosol model 
(Adams et al., 1999; Koch et al., 1999). The simulation shown here is based on 
emissions from the IPCC SRES A2 scenario for the year 2000. This scenario 
prescribes 26.0 TgSyr"^ of natural DMS emissions and 73.8 TgSyr"^ of 
SO2 emissions. Of the SO2 emissions, 69.0 Tg S yr~ ̂  stem from anthropogenic 
activities. The remaining 4.8 Tg S yr~' represent volcanic emissions. 

These results show that, in the northern hemisphere, SO2 in the upper tro­
posphere is mostly anthropogenic in origin. North of about 15°N latitude, less 
than 20% of the SO2 is the product of DMS oxidation. In the most anthro-
pogenically perturbed areas above the industrial centres of North America, 
Europe, and eastern Asia, the fraction is less than 10%, in agreement with the 
observations of Thornton et al. (1997) and results of Wang et al. (1995). The 
situation is mostly reversed in the southern hemisphere, where the SO2 in the 
upper troposphere above remote ocean regions, such as the south Pacific and 
Indian oceans, is mostly derived from DMS oxidation. An important exception 
is a plume of anthropogenic SO2 emissions visible above South America and 
Africa stemming from biomass burning and copper smelting activities in those 
areas. 

Therefore, through the process of deep convection, anthropogenic activities 
have significantly perturbed not only the continental boundary layer, but also 
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Figure 4. Fraction of total SO2 derived from DMS oxidation in the upper troposphere (300 mb) as simulated by the GISS GCMII' aerosol model (Adams 
et al., 1999; Koch et al., 1999). Sulphur emissions were prescribed based on the IPCC SRES A2 scenario, including 26.0 TgSyr~' of DMS emissions, 
69.0 Tg S yr~' of anthropogenic SO2 emissions, and 4.8 Tg S yr~' of volcanic SO2 emissions. 
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the free and upper troposphere as well. Because oxidation of SO2 in the upper 
troposphere proceeds mainly by gas-phase reaction with the OH radical, an­
thropogenic activities have the tendency to increase gas-phase concentrations 
of H2SO4 in the upper troposphere. Given the low aerosol surface area con­
centrations in this part of the atmosphere, this process may result in enhanced 
rates of new particle formation in the upper troposphere. 

5.2.3. Aerosol nucleation in the free troposphere 

Deep convection leads to an increase of the photo-oxidizing capacity of the 
upper troposphere by pumping up nitrogen oxides produced by anthropogenic 
sources or biomass burning at the surface or by lightning within the convective 
cloud (LeUeveld and Crutzen, 1994; Jacob et al., 1996). Given the link between 
photochemistry and aerosol formation (see Fig. 1), as well as the increase in 
gas-phase concentrations of H2SO4 discussed in the previous section, a link 
between convective clouds and aerosol nucleation might be expected. 

Measurements in the upper troposphere of the Pacific demonstrate an anti-
correlation between aerosol number and aerosol surface area (Clarke, 1992, 
1993; Andronache et al., 1997), suggesting that production of new particles by 
nucleation occurs when the pre-existing aerosol surface area is low, in agree­
ment with the process understanding. These measurements show, furthermore, 
enhanced ultrafine particle concentrations above the convective areas of the In­
ter Tropical Convergence Zone. Other data indicate that conditions favourable 
for nucleation exist near evaporating cloud boundaries in both mid-latitude and 
equatorial marine environments, i.e. elevated water vapour, cold temperatures, 
low aerosol surface areas (about 5 \xvc^ cm~^) or a combination of these (Hegg 
et al., 1990; Perry and Hobbs, 1994; Clarke et al., 1998b). The high actinic flux 
in the vicinity of clouds can furthermore increase OH production (Mauldin et 
al., 1997), which, in turn, enhances formation of H2SO4 vapour. As noted in 
Section 2.3, observations that include measurements of gas-phase H2SO4 have 
detected nucleation events near clouds, in agreement with the predictions of 
the classical theory (Clarke et al., 1999). In this way, convective clouds seem 
to both initialize the life cycle of part of the background aerosol and terminate 
it, when, after going through the HadleyAValker circulation, particles re-enter 
a convective cloud and are removed by precipitation. 

Measurements at various sites in the remote troposphere indicate that the 
rate at which freshly formed particles grow exceeds that which can be ex­
plained by condensation of H2SO4 and associated H2O (Weber et al., 1998; 
Kulmala et al., 2000). It has been suggested that condensation of other com­
pounds (notably organics) on the nucleated H2SO4-H2O-NH3 clusters might 
account for this "excess" growth. 
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5.2.4. Organics aerosol in the free troposphere 

Organic aerosol has been observed to be ubiquitous in the upper troposphere 
(Novakov et al., 1997; Murphy et al., 1998b; Putaud et al., 2000, Section 3.2). 
Although the accuracy of organic matter determination in aerosols is in ques­
tion, these studies do claim that there is relatively more organic matter in the 
upper troposphere than sulphate. This would be consistent with a separation 
between soluble and insoluble species during vertical transport. 

A major question is the extent to which organic aerosol in the upper tro­
posphere is derived from atmospheric oxidation of biogenic hydrocarbons to 
organic aerosol products. Such organic aerosol can reach the free troposphere 
by two routes. Deep convection over tropical areas could transport relatively 
insoluble biogenic hydrocarbons into the free troposphere where they are oxi­
dized to produce organic aerosol or oxidation and aerosol formation can occur 
in the boundary layer, with the aerosol subsequently being transported to the 
free troposphere. 

Biogenic hydrocarbons such are terpenes are among the most reactive 
gaseous compounds in the atmosphere, and they are important precursors of 
secondary organic aerosol (Went, 1960; Christoffersen et al., 1998; Griffin et 
al., 1999a; Glasius et al., 2000). Terpene oxidation occurs by reaction with 
OH, O3, and NO3, with OH and O3 being generally the most important under 
atmospheric conditions. Laboratory chamber data on the aerosol-forming po­
tential of individual terpenes, together with temporally and spatially resolved, 
compound-specific estimates of global biogenic hydrocarbon emissions and 
global OH and O3 fields, can be combined to obtain an estimate of the annual 
global production of organic aerosol from biogenic hydrocarbons. This proce­
dure has been employed to lead to an estimate of 18.5 Tg per year of present 
day biogenic organic aerosol production (Griffin et al., 1999b). Because of 
the high reactivity of the biogenic parent compounds with OH and O3, most 
of the oxidation is predicted to occur in the lowest few kilometers of the at­
mosphere. One aspect of the process that the estimate of Griffin et al. (1999b) 
does not account for is the effect of temperature on the conversion of oxidation 
products to aerosol. As temperature decreases, semi-volatile oxidation prod­
ucts will increasingly partition to the aerosol phase; thus, all else being equal, 
the above estimate can be considered to be conservative, since it is based on 
aerosol yields measured at room temperature. 

With an assumed free troposphere residence time of two weeks, this annual 
global formation rate leads to an estimate of the average mass concentration 
of tropospheric organic aerosol derived from biogenic hydrocarbons of about 
0.5 |Ligm~ .̂ Such an estimate has necessarily a considerable degree of uncer­
tainty associated with it, easily plus or minus a factor or two. The estimate 
does not account for, for example, the effect of wet scavenging of terpene ox-
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idation products in deep convection, although such products are not expected 
to be overly hygroscopic (Virkkula et al., 1999). Nevertheless, the estimate 
0.5 figrn"^ can be compared with the 0.4 |igm~^ measured in the North At­
lantic free troposphere (Putaud et al., 2000, Section 3.2), and does suggest 
that terpene oxidation is a potential contributor to organic aerosol in the free 
troposphere and that the route of injection by convective mixing of boundary 
layer oxidation products can lead to measurable levels of such aerosol. 

5.2.5. Ubiquity of layers in the troposphere 

Recent observations have shown that the free troposphere is chemically not 
homogeneous. Quasi-horizontal layers are frequently observed which are char­
acterised by various combinations of ozone and water vapour (Newell et al., 
1999), and other chemical species (Wu et al., 1997). Layers with lower O3 and 
higher H2O than the background are tentatively interpreted as due to convec­
tion from the boundary layer. Layers with higher O3 and lower H2O, which 
are the most abundant are interpreted as originating in the stratosphere. Verti­
cal profiles of aerosols also indicate layered structures in, e.g. aerosol number 
concentration (e.g. Clarke et al., 1996) but a detailed study of their relation­
ship with other gas-phase species has not been made yet. Convective transport 
of (insoluble) pollution aerosols or nucleation near clouds might be two ways 
of producing such layers in the middle and upper troposphere. Johnson et al. 
(2000), however, observed layers in the lower free troposphere immediately 
above the marine boundary layer, which they explained as originating from 
a deep (2-5 km) convectively driven continental aerosol layer which advects 
over the colder ocean. Layers of mineral dust from the Gobi and Sahara desert 
are frequently found over the Pacific and Atlantic oceans, respectively. 

Turbulent mixing in the free troposphere is extremely slow. Following the 
formulation of Diirbeck and Gerz (1996), the time needed to mix a layer 
throughout the depth of the free troposphere is larger than the time needed to 
subside a layer from the upper free troposphere to the surface, the latter being 
about 10-14 d (Gage et al., 1991). Hence, interaction and mixing of aerosols 
in different free tropospheric layers, might not happen often. Evidence for this 
lack of mixing is given by Ostrom and Noone (2000), who measured different 
aerosol properties at different heights within the same Saharan dust outbreak 
over the N. Atlantic. 

6. Aerosol microphysics in the context of the general circulation 

A straightforward way to link microphysics and the general circulation and 
treat fully the issues discussed above is to implement the descriptions of the 
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processes depicted in Fig. 1 in a general circulation model or global CTM, 
which captures the transport patterns depicted in Fig. 3. However, in order 
to accurately treat aerosol dynamic processes such as nucleation, coagulation, 
and condensation, the aerosol size distribution between 1 nm and 1 \xm should 
be described with a high resolution in particle size (Raes and Van Dingenen, 
1995). Furthermore, within each size class several chemical compounds should 
in principle be tracked. Hence, the model must handle a large number of extra 
tracers, which is computationally not possible yet. Simplified descriptions of 
the multi-dimensional size distributions are still in order. Another problem with 
GCMs or global CTMs is their low spatial resolution (presently 100 x 100 km 
at best). The discussion in the previous sections identified various processes 
that are likely to be important at a smaller scale; this is particularly the case 
with cloud processes, nucleation, and with the existence of fine horizontal 
layers in the vertical. Parameterization of these sub-grid processes are also 
needed: they might be developed with box models which are more appropri­
ate to describe detailed microphysical processes in air parcels or layers and 
to probe how these processes are sensitive to elements of the global circula­
tion. 

In the following sections we give an example of both box and 3-D modelling 
approaches, including some initial results. 

6,1, Diagnostic O-D modelling of aerosol microphysics and global circulation 

Raes et al. (1993) used a box model in which they implemented the aerosol 
dynamics processes of Fig. 1, related only to the H2SO4-SO2 aerosol sys­
tem as it results from biogenic DMS emissions over the oceans and excluding 
the primary emissions of seasalt. They "moved" this box through an oceanic 
HadleyAValker cell (cell I in Fig. 3). This approach turned out to be adequate 
to study in a qualitative way the cycling of aerosols in the clean marine en­
vironment. It predicted, in particular, the occurrence of nucleation in the out­
flow regions of the convective clouds, and the absence of nucleation within the 
MBL. 

This simulation is repeated here with an updated version of the aerosol dy­
namics model, AER03, which considers also the primary emissions of insolu­
ble soot particles (Vignati, 1999, see Appendix B). The inclusion of soot allows 
one to study also aerosol cycling in a HadleyAValker cell that has its convective 
updraft over the polluted continent (cell II in Fig. 3). 

In both the clean marine and polluted continental scenario the simulation 
starts with the aerosol that enters a convective cloud. In cloud, the fraction 
of SO2 oxidised in the cloud droplets and the fraction of the aerosol that is 
activated at a supersaturation of 2% is completely removed by precipitation. 
DMS, the remainder of the SO2 and the unactivated aerosol is injected into 
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the Free Troposphere (FT), where an immediate dilution by a factor of 4 is 
assumed to account for the turbulent mixing at the exit of the cloud. This fac­
tor is in agreement with the reduction of DMS measured below and near the 
top of convective clouds (Ferek et al., 1986). Subsequently the aerosol plume 
travels for 15 d in the FT, where it is slowly dispersed due to atmospheric tur­
bulence (Diirbeck and Gerz, 1996). In the plume DMS is oxidized by OH to 
SO2 and further to H2SO4. If the conditions allow, nucleation can occur, in 
which case the aerosol further develops by coagulation and condensation. As a 
rough simulation of the conditions expected in the free troposphere, the plume 
experiences 90% relative humidity during the first day after leaving the cloud. 
Afterwards the relative humidity is kept at 40%. During the first 8 d of the 
simulation, transport is kept at constant height in the FT and the temperature is 
maintained constant at 239 K. During the last 7 d the plume subsides, and the 
temperature increases linearly to the MBL value. After 15 d, the aerosol en­
trains into the MBL, where it travels for another 7 d back to its starting point. 
In the MBL the SO2 concentration responds to the oxidation of locally emitted 
DMS with OH radicals, and the MBL aerosol size distribution is governed by 
the aerosol dynamical processes, by cycling trough MBL clouds and by en-
trainment of the free tropospheric aerosol. The free tropospheric aerosol is that 
resulting after the initial 15 d of transport in the FT. A comprehensive list of 
input data to the model is given in Table 3. 

Table 3. Input data for the AER03 diagnostic box model calculations, shown in Fig. 5^ 

Temperature (K) 
Relative humidity (%) 
Background SO2 (pptV) 
Initial SO2 (pptV) 

Initial DMS (pptV) 
OH 24 h average (mol cm~-^) 
DMS flux ()imol m-2 d" ' ) 
H2O2 (pptV) 
pH of cloud 
LWC(gm-^) 
Supersaturatio (%) 
Cloud cover (%) 
Removal efficiency by precip (%) 
Boundary layer height (m) 

Free troposphere 

239 
99 decreasing to 40 
20 

2 x 10^ 

500 
5 
0.3 
2 (convective cloud) 

100 

Marine boundary layer 

279 
90 

20 (CM) 
840 (PC) 
80 

2 x 10^ 
5 

500 
5 
0.3 
0.2 (stratiform cloud) 

43 
15 

1500 

''CM = Clean Marine Case; PC = Polluted Continental Case. 
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6.1.1. Clear marine case (Cell I) 

The model is initialised with the bi-modal clean MBL aerosol size distribu­
tion in Fig. 2d and with log-normal parameters given in Table 2. (Note that 
this bi-modality is hardly resolved in Fig. 5a.) The particles are assumed to 
be pure H2SO4-H2O droplets. Fig. 5 shows the evolution of the number size 
distribution. At time zero the total particle number sharply decreases, as all 
particles larger than a (dry) critical diameter of 20 nm are processed and even­
tually removed in the convective cloud. The surface of the aerosol (at 90% rh) 
is reduced from 32 \yvc? cm~^ in the MBL to 0.0175 \m^ cm~^ when exiting 
the cloud. This small surface area, together with the initial high relative humid­
ity and the low temperatures, leads to a burst of nucleation of new particles. 
After the first day the particle number steadily decreases due to coagulation, 
while condensation of H2SO4 increases the aerosol mass. The distribution after 
15 d of transport in the FT is mono-modal, in agreement with measurements 
at the free tropospheric station of Izana only in the cleanest conditions (Raes 
et al., 1997). When after 15 d this aerosol entrains into the MBL, in-situ MBL 
nucleation is quenched by the surface area of the entrained aerosol, despite 
the increase in relative humidity and DMS derived H2SO4 in the gas phase. 
Entrainment and MBL cloud processing determine the final aerosol size distri­
bution. The mode at Dp,dry = 40 nm is due to the shape of the FT size distri­
bution, while the second mode is formed by the cloud processing in the MBL 
stratiform clouds. The fact that after going through one cycle the size distribu­
tion exhibits the same basic bi-modality as the initial size distribution supports 
the sequence of microphysical and dynamical processes used to explain these 
size distributions. 

According to this model, formation by nucleation in the upper troposphere 
in cloud outflow and subsequent coagulation during subsidence would explain 
the observed increase in total number concentration with increasing altitude 
over the remote oceans (Clarke et al., 1993, 1998; Andronache et al., 1997). 
Condensation increases the aerosol mass and shifts the aerosol size distrib­
ution towards larger sizes, but due to the decreasing availability of SO2 the 
importance of the process diminishes during transport in the FT. Entrainment 
of free tropospheric particles in the MBL is the process determining the final 
MBL particle number, whereas cloud processing by marine stratus clouds is 
the main contributor of the aerosol mass increase. This is in agreement with 
the discussion in Section 4. 

6.1.2. Polluted continental case (Cell II) 

The difference with the previous simulation is that the model is initialised 
with an aerosol size distribution and SO2 concentration, typical of continen-
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Figure 5. (a) Modelled time evolution of the number size distribution of H2SO4-H2O particles 
in an air parcel cycling through a clean marine circulation cell (Cell I in Fig. 3). At r = 0, the 
parcel is transported through a convective cloud over the ocean. The concentration is initially 
reduced by activation and wet deposition. A burst of nucleation is predicted at the outflow of the 
cloud in the upper troposphere. The number decreases mainly by coagulation and the particles 
grow by coagulation and condensation during 15 d of transport in the FT. On day 15, the aerosol is 
entrained in the marine boundary layer to form the MBL Aitken mode. Nucleation within the MBL 
is quenched by the entrained aerosol surface area, but an accumulation mode develops through 
cloud processing, (b) Modelled time evolution of the number size distribution of internally and 
externally mixed Black Carbon-H2S04-H20 particles in an air parcel cycling through a polluted 
marine circulation cell (Cell II in Fig. 3). At r = 0, the parcel is transported through a convective 
cloud over the polluted continent. The concentration is initially reduced by activation and wet 
deposition. A burst of nucleation is predicted at the outflow of the cloud in the upper troposphere, 
despite the higher number of particles surviving wet deposition. The number decreases mainly 
by coagulation, and the particles grow by coagulation and condensation during 15 d of transport 
in the FT. After 15 d of evolution in the FT the aerosol is bi-modal (however not resolved in 
the figure) with the smallest particles consisting of pure H2SO4-H2O particles and the larger of 
mixed BC-H2SO4-H2O particles. The form of the distribution is comparable with the one shown 
in Fig. 2e. (c) Soluble mass fraction of the aerosol. At r = 0 the soluble mass fraction decreases as 
the most soluble aerosol is activated in the cloud and removed by precipitation. The soluble mass 
fraction subsequently increases by condensation of H2SO4. 
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Table 4. Characteristics of the input distributions for the AER03 box model calculations shown 
in Fig. 5 

Aitken mode (dry) 

Accumulation mode (dry) 

Soluble fraction 

Â  (cm^) 
Z>p (nm) 
(7 

N (cm^) 
Dp (nm) 
a 
£{%) 

Clean marine 

300 
36 

1.42 
70 

150 
1.47 

100 

Polluted continental 

2800 
76 

1.52 
350 
230 

1.36 
28^ 

^Of the particles with diameter smaller than 0.3 |am 50% are assumed to be purely insoluble, and 
50% internally mixed with e equal to 0.52. Of the particles larger than 0.3 \xm 20% are considered 
purely insoluble and 80% internally mixed with s ranging between 0.52 and 0.90, to obtain an 
average s equal to 0.28. Pure soluble particles are considered initially zero. 

tal polluted conditions. The aerosol is an external/internal mixture consisting 
of water-soluble H2SO4 and insoluble soot. The average water-soluble mass 
fraction is 28%, and its distribution across the size distribution has been deter­
mined using results from various experiments looking at either the hygroscop-
icity (Svenningsson et al., 1994) or the solubility of the aerosol (Sprengard-
Eichel et al., 1998) (see Table 4). Figs. 5b and c show the evolution of the 
number size distribution and soluble mass fraction of the aerosol, respectively. 
Only the insoluble and part of the mixed particles survive wet deposition in 
the convective cloud, and the aerosol surface is reduced from 144 \yvc? cm~^ in 
the boundary layer to 6.2 \m^ cm~^ at the exit of the cloud. Although this 
offers a larger surface area for condensation than in the clean case, nucle-
ation still does occur because of the larger concentration of SO2 that survives 
through the cloud. Twelve hours after the injection in the FT, condensation of 
H2SO4 and coagulation with the nucleated soluble particles have transformed 
the remaining insoluble particles into mixed particles. During the FT trans­
port the total number of new particles, which initially are mainly soluble, de­
creases due to coagulation, whereas the soluble mass fraction keeps increasing 
due to condensation. After 15 d of transport in the FT, the distribution is bi-
modal, with the largest mode being the boundary layer aerosol, modified by 
convective transport and transport in the FT, and the smallest mode the new 
aerosol nucleated near the convective cloud. The bimodal distribution is in 
qualitative agreement with most measurements at the free tropospheric site 
of Izana (see Fig. 2e), and the interpretation of these distributions by Mar-
ing et al. (2000) (see above) supports the sequence of events described by the 
model. 
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6.2, CTM 3-D modelling of aerosol microphysics and global circulation 

A "modal" model, M^, for H2SO4-H2O aerosol dynamics has been developed, 
in which the aerosol size distribution is represented by overlapping log-normal 
size distributions representing, respectively, the nucleation mode, Aitken mode 
and accumulation mode (Wilson and Raes, 1996, see Appendix C). This model 
is used to resolve the particle size and number concentration of the sulphate 
mass calculated by a model of the atmospheric global sulphur cycle (Langner 
and Rodhe, 1991). It is further coupled to a model of the atmospheric black 
carbon (BC) cycle (Cooke and Wilson, 1996), and a static sea salt aerosol 
distribution (Blanchard and Woodcock, 1980), which together provide a back­
ground aerosol for the H2SO4-H2O dynamics processes to interact with. This 
coupled model is implemented in the global off-line CTM TM2 (Heimann et 
al., 1990). Hence, in each gridbox of the CTM, the model treats the processes 
depicted in Fig. 1: the secondary aerosol consists of H2SO4-H2O resulting 
from the oxidation of biogenic DMS and anthropogenic SO2, or from in-cloud 
oxidation of SO2, and the primary aerosol consist of sea salt and of black car­
bon from fossil fuel and biomass burning. Dust and organics are not included. 
Details on the global emission inventories for DMS, SO2, H2SO4 and black 
carbon used are given in Appendix C, Table 5. 

The model is run for 3 yr with meteorology and emissions representative of 
the mid-1980s, and the results discussed below pertain to the third year of the 

Table 5. Input data for the M-^-TM3 CTM model calculations, shown in Fig. 6 

Transport Model TM2 

Basic reference Heimann et al. (1990) 
Resolution 8° x 10° x 9 levels 
Meteorology ECMWF1987 
Clouds ISCCP monthly mean cloud data 
Photo chemistry prescribed monthly average OH, O3 and H2O2 from TM3 (Den-

tener, personal communication) 
Global emissions and fields 
DMS Bates etal. (1987) 
SO2 GEIA vlA 15% of SO2 emitted as H2SO4 (70% attached to BC 

30% as gas) 
Black Carbon Mass based emissions from Cooke and Wilson (1996) 

Transformed into number based emissions assuming a lognormal 
distribution with geometric mean diameter of 60 nm and a geomet­
ric standard deviation of 2.0 

Sea salt Mass loading after Blanchard and Woodcock (1980) 
Transformed into number concentrations assuming a lognormal 
distribution with geometric mean diameter of 600 nm and geomet­
ric standard deviation of 1.8 
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INDUSTRIAL 
Accumulation Mode BC+S04+sca salt n.cm-3 

Figure 6. Zonal plots of aerosol number concentration as calculated with a global Chemical 
Transport Model (see text for full description): (a) total number of accumulation mode particles 
(Dp dry > 80 nm) including pure BC, pure H2SO4-H2O, mixed BC-H2SO4-H2O particles and 
sea-salt particles; (b) number of pure H2SO4-H2O accumulation mode particles; (c) number of 
internally mixed BC-H2SO4-H2O accumulation mode particles; (d) number of pure H2SO4-H2O 
particles in the Aitken mode (10 < Dp dry < 80 nm). 

simulation. Fig. 6 shows the resulting zonally averaged fields for July, of the 
number concentration in several aerosol classes. 

Fig. 6a shows the concentration of the total number of accumulation mode 
particles (0.08 < Dp), including pure BC, pure H2SO4-H2O particles, mixed 
BC-H2SO4-H2O particles and sea-salt particles. In the clean Southern Hemi­
sphere the number concentration is between 30 and 300 cm~^ at the surface. 
In the northern hemisphere, the zonally averaged number concentration in­
creases to between 300 and 1000 cm~^ at the surface, as a result of the an-
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thropogenic emissions. Accumulation mode number concentrations generally 
decrease with height. 

Fig. 6b shows the number of pure H2SO4-H2O accumulation mode par­
ticles. They are confined to the lower layers in the atmosphere, as they are 
removed by wet deposition in convective clouds, but are not affected by sub-
cloud scavenging in the model. 

Fig. 6c shows the mixed BC-H2SO4-H2O accumulation mode particles. 
They typically comprise a larger fraction of the total than the pure H2SO4-
H2O accumulation mode particles. Because of the reduced solubilty of EC 
when emitted, the model transports them more effciently through convective 
clouds into the upper troposphere. 

By differencing Fig. 6a with Figs. 6b and c, it can be seen that in the mid-
lattitudes and polar regions the number of accumulation mode particles is gov­
erned by the primary emissions of sea salt. 

Fig. 6d shows the pure H2SO4-H2O particles in the Aitken mode (10 < 
Dp < 80 nm). In the model, these particles are only formed from the growth 
of nucleation mode particles. Their concentration is greatest in the upper tro­
posphere, in particular in the outflow regions of the tropical convective clouds. 
A lesser maxima is found in the Northern Hemisphere at the surface, near the 
anthropogenic SO2 source regions, and overall zonal average surface concen­
trations are in the range 300-3000 cm~^. The same features are also seen in 
the nucleation mode concentration fields (not shown). 

There is a lack of global aerosol size distribution data so that it is not pos­
sible to reconstruct decent zonal averages from measurements and test the 
model results presented above (Heintzenberg et al., 2000). However, a com­
parison with individual data sets is possible. The results of Fig. 6a, e.g., are in 
general agreement with the data on accumulation mode particles (A^Dp>80nm) 
shown at the bottom of Table 2. The measured urban and sub-urban aerosol 
number concentrations are 4500 and 2700 accumulation mode particles cm~^ 
respectively, but these high values pertain to local situations which most likely 
are smeared out in a zonal average of a CTM. Observations over the ocean, 
downwind of polluted continental areas indicate an internal mixture of the 
aerosol, with the number of the accumulation mode aerosol being governed 
by a refractery aerosol, most likely black carbon (Clarke et al., 1996b). The 
predominant role of sea salt in determining the number of accumulation mode 
particles in certain marine areas of high wind speed such as the mid-latitutes 
has been documented by Murphy et al. (1998a). The decrease in accumula­
tion mode particles and increase in Aitken mode particles with altitude are in 
agreement with vertical profile measurements. However, the predicted zonal 
average Nucleation and Aitken mode concentrations are larger throughout the 
model domain than observations suggest. For example in the FT, the modelled 
zonal average concentrations (3000-30,000 cm~^) have been observed only 
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locally near the outflow of clouds. We believe the over-prediction in Aitken 
mode concentrations is driven by nucleation in the free troposphere; conse­
quently, the effect is seen most strongly in the FT and less so at the surface 
and in the accumulation mode zonal average concentrations. The two model 
layers spanning 70-255 mbar, have minimum temperatures of 190 and 210 K, 
respectively. At these temperatures and 30% RH, the modified formulation of 
Jaecker-Voirol and Mirabel used in M^ effectively nucleates all gas phase sul­
phate concentrations in excess of 10^ and 10^ molecules cm~^, respectively. 
While the nucleation parameterization is obviously playing a big role in the 
excess particle formation predicted in the FT, this does not preclude a contri­
bution from the chemistry of the FT yielding too much OH oxidation of SO2. 
This could be due to the simplified DMS chemistry scheme, or over abundant 
OH concentrations, or under-prediction of cloud volumes. 

7. Summary and outlook 

During the past decade enormous progress has been made in the understanding 
of the life cycle of aerosols in the global atmosphere. In the previous sections 
we argued that even a basic understanding of aerosols at a global scale re­
quires the understanding and integration of both microphysical and large-scale 
dynamics processes. This is primarily because the time scales of aerosol evolu­
tion are in many cases longer than the residence time in particular atmospheric 
compartments. Furthermore, important phenomena such as nucleation and par­
ticle wet removal are occurring at the boundary of such compartments. 

At present, however, the picture of the aerosol life cycle remains fragmen­
tary. Observational data sets are incomplete and models need to take simple 
approaches, favouring one aspect of the aerosol (e.g. calculation of aerosol 
mass) at the expense of others (e.g. calculation of aerosol number). Based on 
the process understanding, observations and model calculations presented in 
this paper, the following general statements are tentatively made. 

• In areas of strong primary emissions (e.g. sea salt over the ocean at high 
wind speed, black carbon in industrial areas) secondary aerosol species will 
preferentially condense on the primary particles, and the number of the re­
sulting mixed particles will be determined by the latter. Even if nucleation 
does occur, the freshly nucleated particles are expected to coagulate with 
the primary aerosol within 1-2 d, and eventually the primary particles will 
again govern the number concentration of the aerosol. 

• The removal of the aerosol in the 0.01-1 jiim diameter range is mainly 
through activation in clouds and subsequent precipitation. The efficiency 
of this wet removal process depends on the size and chemical composition 
of the aerosol, which itself results from the complex of aerosol dynamic 
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processes. Although essential in determining the aerosol burden, wet re­
moval is the least understood. 

• Assuming a 100% wet removal of particles activated in convective clouds, 
conditions at the outflow of convective clouds are favourable for nucleation 
both when the convection occurs over the remote ocean and when it occurs 
over the polluted continent. 

• The convective updraft of DMS over the remote ocean and SO2 over the 
polluted continent is sufficient to induce nucleation of H2SO4-H2O in the 
upper troposphere. Measurements and global budget calculations suggest 
however that half of the free tropospheric aerosol mass might be organic in 
nature. 

• The number concentration of the FT aerosol is governed by the initial nu­
cleation bursts and subsequent coagulation. These processes are expected to 
be happening in isolated layers originating at the convective cloud outflow. 

• Entrainment of FT layers in the boundary layer might constitute a source of 
particle number, e.g. in case of the clean marine boundary layer, or it might 
dilute the BL aerosol when the latter is polluted. 

In this paper a discussion on the effects of changing emissions or climate 
change on the global aerosol has not been attempted. A complex web of 
chemistry-aerosol-climate interactions exists, which makes any calculation of 
the future aerosol system speculative. The tropospheric aerosol system is non-
linearly dependent on the meteorological and chemical variables that govern its 
behaviour. Emissions of sea salt, mineral dust, and DMS increase nonlinearly 
with increasing wind speed. Hence, a future climate characterised by altered 
wind speeds would experience different amounts of natural aerosols. Nucle­
ation rates depend nonlinearly on temperature, relative humidity, and vapour 
concentrations. Small changes in temperature and water content can produce 
large changes in new particle formation rates. However, coagulation serves 
to damp the effect of such excursions. Aerosols are the nuclei around which 
clouds form, and cloud properties depend in a nonlinear way on the quantity 
and composition of available particles. In a future atmosphere in which particle 
number concentrations are different in number and composition, e.g. by chang­
ing emission of primary particles and secondary precursors in industrial areas, 
cloud properties are likely to be changed. Such changes could result in altered 
cloud prevalence and convection that, in turn, would affect the aerosol life cy­
cle through modified patterns of deep convection and wet removal. Increase of 
NOjf imported into background regions can affect the abundance of OH and 
thus the oxidising capacity of the troposphere, which could affect the rate of 
oxidation of SO2 and organics to produce condensable species. Alteration of 
aerosol levels can affect tropospheric actinic flux and atmospheric photolysis 
rates that, in turn, change the rate of generation of OH itself. 
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The life cycle of the tropospheric aerosol is intimately interwoven with 
the climate-atmospheric chemistry system. To predict how the tropospheric 
aerosol will respond to climate change will require deep understanding of the 
dynamics of the climate system itself. 

Appendix A 

We use as the characteristic time the "e-folding time" r, i.e., the inverse relative 
rate of change of a property (aerosol number, volume, diameter, etc.) through a 
process (coagulation, condensation, etc.). For instance, the characteristic time 
for change of number by dry deposition is given by 

_ 1 dN-^ _ 1 

by coagulation by 

_ 1 dN-^ _ 1 

The characteristic times for coagulation given in Table 2 are those for deple­
tion of aerosol number in the various modes by coagulation with Aitken and 
accumulation mode particles, and with cloud droplets. Coagulation rates are 
obtained from the coagulation coefficients for monodisperse particles of typi­
cal nucleation, Aitken and accumulation mode size with Aitken, accumulation 
and cloud droplet size particles, respectively (Seinfeld and Pandis, 1998). For 
the coagulation with cloud droplets the average time an air parcel spends in 
and outside clouds is taken into account (Lelieveld et al., 1989). Coagulation 
plays a significant role in the atmosphere when particle number concentra­
tions are high and/or residence times are long. Small particles coagulating with 
larger ones do not significantly increase the mass of the larger particles, but the 
process reduces the number of small particles. 

The characteristic time for the change in volume by condensational growth 
is derived assuming that the rate-limiting step is the oxidation of SO2 in the 
gas phase. The amount of sulphate produced per unit of time is then distributed 
over the aerosol modes, weighted by the surface area in each mode and ry. ,cond 
is obtained as (Van Dingenen et al., 2000) 

1 AV.-i 

Af 

The contribution of aqueous-phase chemistry is estimated by transferring all 
available gas-phase SO2 to accumulation mode-S04 during 20% of the time. 
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the latter being the average time an air parcel spends inside clouds (Lelieveld 
et al., 1989). As sulphate is not the only condensing species, the contribution 
of other secondary material in the growth rate has been taken into account, 
dividing the growth rate by the fraction of sulphate observed in the aerosol 
(see Fig. 2). The resulting rv.,cond can be interpreted as the time needed to 
produce in the particular compartment the amount of aerosol volume observed 
in the compartment. 

Appendix B 

AER03 is a box model and simulates the aerosol dynamics of three parti­
cle populations: pure H2SO4-H2O particles, pure soot particles, and mixed 
H2S04-H20-soot particles. It allows for the internal mixing of the particles 
by coagulation, condensation, nucleation and in-cloud SO2 oxidation. 

In the model, sulphuric acid is formed from the gas phase by oxidation of 
SO2 with OH radicals and can nucleate with water vapour forming H2SO4-
H2O droplets, or condense on aerosol particles. The nucleation of H2O-H2SO4 
droplets is treated using a parameterization of the homogeneous nucleation 
rates (Kulmala et al., 1998). 

For relative humidity below 100% a H2O-H2SO4 droplet can be consid­
ered to be in equilibrium with water vapour. Therefore, the equilibrium of 
the droplets may be described by the generalized Kelvin equation (Raes et 
al., 1992). For condensational growth both kinetic and continuum regimes are 
considered (Fuchs, 1964). Dry deposition is parameterized using a general cor­
relation for particle deposition from turbulent gas flows to completely rough 
surfaces (Schack et al., 1985). 

The H2SO4-H2O and soot particles are assumed to be spheres. Their geo­
metrical diameter is discretized using Z)p,n = 0.002 x 10^"/'^^ |Lim, where 
« = 0,45, corresponding to a range from 0.002 fjm (n = 0) to 63 |im {n = 45). 
The mixed particles are assumed to consist of an insoluble (soot) core sur­
rounded by a soluble (H2SO4-H2O) shell. Their size is are discretisized into 
46x46 classes, one dimension for the particle size and one dimension for the 
size of the insoluble core (Strom et al., 1992). Since the model cannot resolve 
particles with a water-soluble fraction less than 10%, the corresponding "less 
hygroscopic" particles have been assimilated into the insoluble population. 

The evolution of particle number concentration is described by a system of 
coupled non-linear equations, one equation for each class (Vignati, 1999). The 
system of equations is solved using the Euler Backward Iterative method. 

To describe the activation process, its assumed that all sulphuric acid is neu­
tralized to ammonium sulphate and the Kohler equations extended to account 
for an insoluble core are applied (Seinfeld and Pandis, 1998). 
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The M^ (Multi-Modal Model) model (Wilson and Raes, 1996) simulates the 
evolution of a sulphuric acid-water aerosol population, as three log-normally 
distributed modes (nucleation, Aitken and accumulation), with prescribed stan­
dard deviations, but varying number and mass (and therefore mean diameter). 

The model simulates the competing processes of nucleation of new particles 
and condensation of gas-phase sulphate onto existing particles, together with 
coagulational growth of existing particles, cloud processing and dry and wet 
removal. M^ has been compared with the full sectional aerosol model AER02 
(Raes et al., 1992) for a sample of 64 representative boundary layer cases, 
extracted at random from a climatological sulphur cycle model (Langner and 
Rodhe, 1991). The 24 h average total aerosol number concentrations and accu­
mulation mode number concentrations predicted by the two models are shown 
in Fig. 7. The 24 h averages of the accumulation mode number concentrations 
predicted by M^ are well within a factor of two of those predicted by AER02. 

In reality, sulphate is only one component of the aerosol burden. Therefore 
in implementing the M^ model in the global off-line chemical transport model 
TM2, it is coupled to a model of the atmospheric black carbon cycle, and a 
static sea salt burden model. The following key assumptions are made: 

10' 10'^ 10"̂  10^ 10' 
AER02 N totol particles (cm-3) 

lO"" 10' 10"̂  10"^ 10^ 10'' 10° 
AER02 N Accumulation mode (D>80nm) (cm-3 ) 

Figure 7. Comparison of the total number concentration and the number of accumulation mode 
particles calculated by the full sectional model AER02 (Raes et al., 1992) and the simplified modal 
model M^ (Wilson and Raes, 1996). 
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• Emissions of fossil fuel black carbon are assumed to be purely insoluble, and 
hence not subject to wet deposition. They age to a mixed and wet depositable 
aerosol through condensation of H2SO4. 

• Biomass burning black carbon is a similar condensation sink, but its ageing, 
which is arbitrarily assumed to be 2.5% of mass per hour is independent 
of the sulphate condensed, as the co-emitted organic compounds are most 
likely to perform the ageing role rather than sulphate. 

Details on the transport model and the emissions are given in Table 5. 
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