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I. INTRODUCTION

The effect of weather on fuel moisture has traditionally been estimated using sta-
tistically based empirical relationships that are a function of temperature and
relative humidity (Simard, 1968; Van Wagner, 1987). These relationships have
provided a useful approach to estimate the danger of forest fires. However, be-
cause they are not based on fundamental physical principles, it may not always
be appropriate to use them as a tool to study fuel-drying processes. There is no
assurance that these relationships will hold in a general sense. In fact, the differ-
ences in systems of Canada, the United States, and other countries suggests that
any particular set of these relationships may not be generally applicable to the
other regions. In Chapter 4 in this book, a detailed description of the principles
governing moisture within fuels is provided. This chapter builds on that dis-
cussion by describing the broadly applicable physical principles of evaporation
as it relates to fuel drying. It is hoped that this information can be used by the
ecological researcher to more accurately describe the fuel conditions that are
encountered in field studies and to identify the important processes and mecha-
nisms responsible for those fuel conditions.

The moisture content of forest fuels is dependent on a number of factors. This
chapter will examine the meteorological factors that influence variations in fuel
moisture content. Specifically, the meteorological factors that affect evaporation
rates are discussed in detail. A number of methods for estimating evapora-
tion rates are described, with a primary emphasis on the widely used Penman-
Monteith formulation. This formulation is used to describe the functional de-
pendence of evaporation rates on important meteorological variables. Also, the
state of the atmosphere in close proximity to the Earth’s surface and its impor-
tance to the environmental conditions experienced by fuels are discussed. Fi-
nally, the chapter discusses state-of-the-art models that are used in atmospheric
circulation models to describe the complex interactions between the land sur-
face and the atmosphere. Such models may be of use to the ecological researcher
in describing evaporative drying of fuels.

In living fuels, foliage and twigs play an important role in forest fire be-
havior and can exhibit significant fluctuations in moisture content (Chandler
et al., 1983). The moisture content is determined by the relative balance be-
tween evaporative losses and supply of water from the root system. Water is lost
through transpiration, which is controlled by meteorological factors and the de-
gree of stomatal opening. Water uptake by the roots is controlled by soil char-
acteristics, soil moisture content, and the vertical distribution of roots. When
soil moisture is high, water loss is approximately balanced on a daily time scale
by water uptake. When soil moisture is deficient, root uptake of water is re-
stricted and may not balance transpiration losses, leading to gradual decreases
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in fuel moisture content. The diurnal cycle of transpiration is of large ampli-
tude, peaking in early afternoon, and this leads to changes in fuel moisture con-
tent during the day (Chandler et al., 1983).

The moisture content of dead fuels is controlled by different processes (Pyne,
1984), although a similar set of meteorological factors provide the atmospheric
control on these processes. Moisture cannot be replenished by root uptake.
Moisture replenishment can occur by absorption through direct contact with
liquid water. Moisture exchange in the gaseous phase depends on the fuel’s hy-
groscopic properties and is driven by the difference in water vapor pressure be-
tween the fuel particle interior and the atmosphere in immediate contact with
the fuel. Fine fuels, such as grass, leaves, needles, and ground litter, can rapidly
change moisture content over time scales of hours. Medium (sticks, branches)
and coarse (logs) fuels change moisture more slowly, on time scales of weeks
to months for medium fuels and months to years for coarse fuels (Brown and
Davis, 1973). For these fuels, the persistence of meteorological conditions is an
important factor in determining fire risk.

II. EVAPOTRANSPIRATION PROCESSES
AND THE METEOROLOGICAL
CONTROLLING FACTORS

The evaporation of water from the soil or from the surface of living or dead fu-
els or the transpiration of water through leaves will be referred to herein by the
common term “evapotranspiration” (ET). Fundamentally, ET can occur when
the water vapor pressure of the air layer immediately adjacent to the surface
containing liquid water is lower than the water vapor pressure of the liquid wa-
ter. If the adjacent air layer and liquid water surface are in thermal equilibrium
(often the case), then ET can occur when the water vapor pressure of the adja-
cent air layer is below its saturated value. The saturation water vapor pressure
is a function of temperature.

The latent heat of vaporization of water is high, with a value of 2454 J g™*
at 20°C, varying slightly with temperature. The rate of ET is often limited by
availability of energy. In a closed system, an unsaturated near-surface air layer
will be moistened and cooled by ET and quickly reach saturation, stopping the
process of ET. In the atmosphere, ET is sustained principally by two processes.
The first process is the absorption of electromagnetic radiation at the surface,
which raises the temperature of the liquid water and the adjacent air. Thus, the
value of saturation of the adjacent air is increased, in essence increasing the ca-
pacity of the air for further evaporation. The second process is ventilation of the
surface—air interface, which replaces the moistened air near the interface with
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drier and/or warmer air. Several meteorological variables are of particular im-
portance in determining the magnitude of these two processes. These are short-
wave and longwave radiation, temperature, atmospheric water vapor content,
and vertical mixing.

A. RADIATION

The primary source of energy for ET is electromagnetic radiation from the sun
which is concentrated principally in the visible and near-infrared (shortwave)
portion of the spectrum, at wavelengths less than 3 X 107° m. The amount
of radiation that is available for ET is determined by several processes, as de-
scribed later.

The amount of incoming solar radiation at the top of the atmosphere varies
with latitude and season based on the Earth—sun geometry. Solar radiation is
attenuated as it passes through the atmosphere by direct absorption and scat-
tering by gases, particulates, and, most importantly, clouds. Globally averaged,
about 54% of the solar energy at the top of the atmosphere reaches the Earth’s
surface (Salby, 1996). At the surface, some of the solar radiation is reflected back
to space. The reflectivity of the surface varies considerably with surface type
and is represented by a parameter called the albedo, which is the fractional part
of the radiation that is reflected. Except for snow-covered surfaces, the albedo of
most surfaces is less than 0.3. For example, Betts and Ball (1997), in the BOREAS
experiment (Sellers et al., 1997), measured summertime albedos of 0.20 over
grass, 0.15 over an aspen forest, and 0.083 over a coniferous forest.

The rate of emission of radiation by matter is governed by the Stefan-
Boltzmann law,

I

eoT? ey

where I = energy flux (W m™?), & = emissivity, ¢ = Stefan-Boltzmann con-
stant (5.67 X 107®* Wm 2K "), and T = temperature of the matter (K). At the
range of temperatures of the atmosphere and the earth’s surface, this emission
is in the infrared (longwave) portion of the spectrum, mostly at wavelengths
>3 X 10"°m. Most land surface types have high emissivities, with forests in
the range of 0.97-0.99 (Oke, 1978). Although the cloud-free atmosphere is
nearly transparent at visible wavelengths, it is semiopaque at infrared wave-
lengths and absorbs and reemits a significant amount of infrared radiation to-
ward the surface. The magnitude of infrared radiation emitted by the cloud-free
atmosphere is largely determined by the temperature and water vapor content
in the lowest portion of the atmosphere. However, clouds have a much higher
emissivity than the cloud-free atmosphere. Thus, the amount and type of cloud
cover is an important factor in determining the magnitude of atmospheric in-
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frared radiation. The upward longwave radiation, I, above the Earth’s surface
is the sum of the emission by the Earth’s surface, governed by Eq. (1), and the
reflection of downward longwave radiation from the atmosphere, I,. Usually,
the absorptivity (1 — reflectivity) of the Earth’s surface is assumed to be equal
to the emissivity. Thus,

I =eoTi+ (1 —g)l, )

where g, = emissivity of the surface and T, = temperature of the surface (K).

A portion of the electromagnetic radiation that reaches the Earth’s surface is
transtormed into nonradiative forms of energy, including latent heat through
the ET process, heat storage in the soil and biomass, and direct heating of the
atmosphere through conduction. The amount of radiation available for trans-
formation into these other forms of energy is called the net radiation (R,) and
is defined as

R,=S,1 —a)+1,—1 3)

where S; = downward solar radiation at the Earth’s surface (W m ?) and a =
albedo. Figure 1 shows the diurnal evolution of R, on a typical sunny sum-
mer day in the central United States, along with the individual components in
Eq. (3), as measured by a SURFRAD station (see discussion that follows).
There is a strong diurnal dependence to R,, with the magnitude peaking near
midday and dropping to negative values at night, primarily in response to the
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FIGURE 1 Daily variation in the components of the surface radiation budget at the SURFRAD
site at Bondville, Illinois, on June 2, 1998. Components are R, (medium solid), S, (thick solid), aS,
(thin solid), I; (thin dashed), and I, (thick dashed).
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variation of incoming solar radiation. Infrared radiation (I, I,) also varies
through the day, although with a lesser amplitude than solar radiation.

The daily accumulated radiative energy available to be transformed into other
forms of energy, found by integrating R,, is positive in Figure 1. The magnitude
of the daily integrated R, varies with latitude, the seasonal cycle, and meteoro-
logical conditions (particularly cloud cover). However, the climatology of R, is
not well specified because the measurement of R, is technically difficult; data
have typically been obtained only for short duration field experiments. Even
in carefully controlled experiments, commercially available sensors have been
found to exhibit biases (Hodges and Smith, 1997). To address the need for cli-
matic observations of radiation, the Surface Radiation Budget Network (SURF-
RAD) was established in the United States in 1993 by the U.S. Department of
Commerce’s National Oceanic and Atmospheric Administration. The SURF-
RAD is providing accurate, long-term, continuous measurements of the surface
energy budget at six sites in climatologically diverse regions of the United States.
Figure 2 shows the annual cycle in 1997 of the daily average values of the radi-
ation budget components at Goodwin Creek, Mississippi. All components ex-
hibit a pronounced seasonal cycle, with values peaking in the summer. Daily R,
peaks at about 13 MJ m ™ ? in July and falls to a minimum of less than 2 M] m >
in December. Daily integrated values of I, and I, are much higher than S, be-
cause infrared radiation occurs at night as well as during day. However, these
largely cancel, and the net infrared radiation (I, — I;) is smaller than the net
shortwave radiation throughout the year.

Goodwin Creek, MS-1997
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FIGURE 2 Annual cycle of the daily average values of the components of the surface energy bud-
get at Goodwin Creek, Mississippi, during 1997. Components are R, (medium solid), S, (thick
solid), aS, (thin solid), I; (thin dashed), and I, (thick dashed).
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Fort Peck, MT-1997
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FIGURE 3 Annual cycle of the daily mean values of the surface energy budget components dur-
ing 1997 at Fort Peck, Montana. Components are R, (medium solid), S; (thick solid), aS, (thin
solid), I; (thin dashed), and I, (thick dashed).

Figure 3 shows the radiation components for a more northern location:
Ft. Peck, Montana. The seasonal cycle is qualitatively similar, but there are some
significant differences. Incoming solar radiation peaks in summer at about
24 MJ m™?, slightly higher than in Mississippi. This is a consequence of longer
days and lower cloud cover at Ft. Peck, which offsets the higher solar elevation
angles at Goodwin Creek. The amplitude of the annual cycle is higher at the
more northern Montana location. The rather high values of reflected solar radia-
tion (aS,) in January, February, and March, reaching a peak of about 10 MJ m™*
in March, are a result of snow cover and the high albedo associated with snow
cover. The peak value of R, in summer is lower in Montana than in Mississippi.
A comparison of Figures 2 and 3 indicates that this is primarily a result of lower
values of incoming longwave radiation at the Montana site, probably due to
lower water vapor content and lower air temperatures. During the cold season,
net radiation is negative at Ft. Peck due to high values of reflected shortwave
radiation.

There are no comparable long-term SURFRAD sites over a forest canopy.
However, short-term experiments indicate that the radiation budget over a for-
est canopy is qualitatively similar to what is shown in Figures 2 and 3. For
example, McCaughey et al. (1997) measured the longwave components of the
surface energy budget over a jack pine (Pinus banksiana) forest in Saskatchewan,
Canada, during the warm season. Net longwave radiation was very similar to
what is seen in Figure 3 for Fort Peck, Montana.
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At ground level within a forest canopy, net radiation is reduced sharply be-
low that at the top of the canopy because of shielding by the canopy. The mag-
nitude of the reduction in R, depends upon tree density, tree architecture, and
the season. J. M. Chen et al. (1997) measured net radiation in a relatively sparse
aspen (Populus tremuloides) forest. Net radiation at ground level was about half
of the above-canopy value before leat emergence and about a quarter of the
above-canopy value after leaf emergence. Baldocchi and Vogel (1996) measured
net radiation in a deciduous forest and a boreal jack pine (Pinus banksiana) for-
est. Net radiation at the forest floor in the deciduous forest was less than 10%
of the value above the canopy. Net radiation at the floor of the jack pine forest
was 10-15% of the above-canopy level. Black and Kelliher (1989) measured net
radiation in a Douglas fir (Pseudotsuga menziesii) stand and found that below-
canopy net radiation was 13-16% of the above-canopy levels. These selected
examples suggest that the available energy for evapotranspiration at the forest
floor is usually a small fraction of what is available at the top of the canopy.

B. ATMOSPHERIC WATER VAPOR CONTENT

The saturation value of atmospheric water vapor content is a highly nonlinear
function of temperature. This dependence can be expressed as (Buck, 1981)

es = A exp[BT/(C + T)] )

where es = saturation value of water vapor pressure (hPa), T = temperature
(°C), and A, B, and C are constants. Over water, the values of these constants
are A = 6.1121, B = 17.502, and C = 240.97. Over ice, the values are A =
6.1151, B = 22.452, and C = 272.55. A graphical representation of Eq. (4)
is shown in Figure 4, over water and over ice. The value of es approximately
doubles for every 10°C increase in temperature. At temperatures below 0°C,
there are small differences in es over water and over ice.

Evaporation rates in the air layer adjacent to a flat water surface are propor-
tional to the difference (es — ¢), where e = actual water vapor pressure, when
water is freely available and the water surface is in thermal equilibrium with the
adjacent air layer. This difference is referred to as the water vapor pressure defi-
cit. Thus, evaporation rates are highly dependent on temperature because of the
relationship of es to T.

Observations of atmospheric water vapor content are usually expressed in
terms of dew point temperature (T, °C) or relative humidity (RH, %). The ac-
tual water vapor pressure (e) is related to T; by
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FIGURE4 Dependence of the saturation water vapor pressure (hPa) on temperature (°C) (A) over

water for T > —20°C and (B) over water and ice for T < 0°C.

Relative humidity is defined in terms of the mixing ratio (v), which is the ratio
of the mass of water vapor to the mass of dry air in a volume. The definition is

RH (T) = 100% v/vs (T)

(6)

where vs (T) is the saturation mixing ratio at the air temperature T. The rela-

tionship of vapor pressure to mixing ratio is (List, 1949)

v = 0.62197 ¢/(P — ¢)

(7N
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where P = air pressure (hPa). Relative humidity can then be expressed in terms
of vapor pressure as
e(P — es)
RH = 100%— — (8)
es(P — ¢)
Water vapor content can also be defined as the ratio of the mass of water
vapor to the mass of moist air in a volume, known as the specific humidity (¢).
This can be expressed in terms of the mixing ratio as

qg=v/(1+v) (9)

Relative humidity is strongly dependent on temperature through its depen-
dence on es. In most situations, there is little diurnal variation in e but large
variations in RH. RH usually reaches a maximum in the early morning around
sunrise when temperatures are at a minimum and falls to a minimum in mid af-
ternoon around the time of the daily maximum temperature. This behavior is
illustrated by the daily average profile for International Falls, Minnesota, in July
(Figure 5). There is relatively little variation in water vapor pressure, ranging
from 14.6 hPa in the early morning to 16.4 hPa in late morning, a total percent-
age change of 11%. By contrast, relative humidity varies from near 90% in the
early morning to near 50% in late afternoon.

Some measures of ET use relative humidity as one indicator of drying rates.
By itself, RH may be a deceptive indicator because of its dependence on tem-
perature. Figure 6 shows the dependence of the water vapor pressure deficit on
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FIGURE 5 The diurnal cycle of relative humidity (%, solid line) and atmospheric water vapor
pressure (hPa, dashed line) during July at International Falls, Minnesota. These are averages of
hourly observations for the period 1961-1990.
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FIGURE6 The dependence of the water vapor pressure deficit (hPa) on temperature (°C) for rela-
tive humidity values of 10, 30, 50, 70, and 90%.

temperature for selected values of relative humidity. The water vapor pressure
deficit, and thus the ET rates, increases exponentially with temperature, fol-
lowing Eq. (4), for constant RH.

C. TEMPERATURE

The dependence of evaporation on temperature is primarily through the de-
pendence of es on temperature. Temperature may also have indirect effects be-
cause longwave radiation increases with temperature. However, as illustrated
in Figures 2 and 3, net longwave radiation (I, — I) is only weakly dependent
on season (temperature).

D. VERTICAL MIXING (WIND AND STABILITY)

Evaporation moistens and cools the air near the surface, which has a negative
feedback on evaporation rates. Mixing of air near the surface has the net effect
of transporting moist air upward and replacing it with drier and/or warmer air
from aloft, maintaining evaporation. One factor affecting the rate of mixing is
wind speed. Evaporation rates tend to increase with increasing wind speed,
other factors being equal. A second factor is the vertical air density gradient
which can enhance or suppress mixing.



314 Kenneth E. Kunkel

1. Mixing Processes

Mixing in the lowest few meters of the atmosphere is driven primarily by the
interaction of the surface with the atmosphere. The Earth’s surface is aerody-
namically rough and interacts with moving air. This interaction results in the
transfer of momentum between the surface and the atmosphere. The wind speed
near the surface is reduced by this momentum transfer. Momentum transfer oc-
curs through two processes. The first is friction; air in direct contact with sur-
face elements is slowed by frictional forces. Vertical mixing processes transfer
this slow moving air stream upward away from the surface to a region of faster
moving air streams and vice versa. This exchange slows the faster moving air
and accelerates the slower moving air. The second process is through the pres-
sure force; high-pressure builds up on the windward side of surface elements
that are exposed to the wind which then slows the air upwind of the element.
This process does not involve exchange of air and momentum is transferred
without direct contact with the surface.

Mixing occurs either by molecular diffusion in laminar flow or by turbulence.
Momentum transfer to the surface results in a vertical gradient in wind speed.
This gradient is often sufficiently large that laminar flow is unstable, and turbu-
lent motion results. Turbulent mixing is much more efficient than molecular dif-
fusion. The atmospheric transport of momentum usually occurs at much higher
rates than provided by molecular diffusion because the atmosphere near the sur-
face is generally turbulent, except immediately adjacent to the surface. In a shal-
low layer (of the order of 1 cm thickness) near surface objects, proximity to the
surface prevents turbulent motion and the wind flow is laminar; the transfer of
momentum, heat, and water vapor occurs by molecular diffusion in this shal-
low, laminar-flow layer.

2. Atmospheric Stability

The second factor affecting the rate of mixing, in addition to the interaction of
the wind with the surface, is the stability of the atmosphere. Because pressure
decreases with height, the temperature of a rising parcel of air will decrease with
height at a rate known as the “adiabatic lapse rate,” as governed by the gas law,
whose value is 9.8°C km™'. If temperature decreases with height at a slower
rate than adiabatic, then a rising parcel will find itself at a lower temperature
(higher density) than the surrounding environment and will tend to sink back
to its original level. This suppresses vertical mixing and the atmosphere is re-
ferred to as “stable.” If the temperature decreases with height more rapidly than
adiabatic, then a rising parcel of air will find itself at a higher temperature (lower
density) than the surrounding environment and will accelerate upward. This
enhances vertical mixing and the atmosphere is referred to as “unstable.” It has
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been convenient within the science of meteorology to define stability condi-
tions through use of a quantity known as the potential temperature () which
is defined as
PO 0.287

0(z) = T(2) { P(2) } (10)
where 7 = height, T(z) has units of K, and P, is the pressure of a reference level,
usually taken to be 1000 hPa. In essence, the potential temperature is a value
that has been adjusted for the changes in temperature that occur due to pres-
sure changes when a parcel rises or sinks in the atmosphere. When expressed
in terms of 6, the criteria for stability become

00

— <0 unstable

lib4

a0

— =90 neutral an
0z

a0

— >0 stable

a9z

In a stable atmosphere, the character of the wind flow, whether turbulent or
laminar, is determined by a balance between the tendency for vertically sheared
flow to break down into turbulence and the suppression of vertical motions by
stable buoyancy. This characteristic is often expressed in a parameter known as
the gradient Richardson number (Ri), defined as

. 2
Ri = §8_0/<£> (12)
T 0z 9z

where g = acceleration of gravity, and U = horizontal wind speed. When Ri is
greater than about 0.25, turbulent motion ceases, and the flow becomes lami-
nar. In this case, exchange of momentum, heat, and water vapor is markedly
reduced. In the opposite case, when the potential temperature decreases with
height, the atmosphere is buoyantly unstable, and convection transfers mo-
mentum and enhances the rate of turbulent mixing.

The lowest layer of the atmosphere, where turbulence driven by momentum
and heat exchange at the surface is present, is often referred to as the planetary
boundary layer (PBL). During the daytime, when incoming solar radiation cre-
ates an unstable temperature profile, the depth of the PBL is typically 1-2 km
(Panofsky and Dutton, 1984). At night, under a stable temperature profile, the
PBL depth is often less than 100 m, particularly when the wind speed is low. The
lowest part of the PBL is referred to as the surface layer. The surface layer is not
precisely defined; within this layer, vertical variations of momentum, heat, and
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moisture fluxes are small (<<10%) and, as a first approximation, can be assumed
to be constant with height. As a rule of thumb, the surface layer occupies the
lowest 10% of the PBL (Panofsky and Dutton, 1984).

3. Vertical Wind Profile

The turbulent transport of momentum between the surface and the atmosphere
creates a vertical gradient in wind speed. Within the surface layer, the wind
speed typically increases with the logarithm of height, as documented by nu-
merous field experiments. Mathematically, the wind speed (U) dependence on
height (2) can be expressed as (Panofsky and Dutton, 1984)

U(z) =~ Hinl(z — d)/z0] = i} (13)

where u,. = the friction velocity (ms™'), d = displacement height (m), z, =
roughness length (m), k = von Karman constant (= 0.4), and ¢, is a correc-
tion factor for stability effects. The friction velocity is a measure of the rate of
momentum transport. The displacement height is a measure of the shielding of
the Earth’s surface by a vegetative canopy. For short grass and short crops, d is
small or negligible. However, a dense forest canopy is very effective at shielding
the free atmospheric flow from the surface; from the viewpoint of the atmo-
sphere, the effective surface is much higher than the actual ground level. Typi-
cally, in dense crops or forests, the displacement height is 60 —80% of the aver-
age height of the vegetation (Thom, 1975).

The roughness length is a measure of the efficiency of the interactions be-
tween the free atmospheric flow and the surface. For a very smooth, flat sur-
face, such as a sandy desert, the interaction between the free atmospheric flow
and the surface is minimal, and the corresponding roughness length of that
surface is also small. By contrast, surfaces that have many undulations which
provide opportunities for airflow to penetrate between the undulations and be
slowed by interactions with these undulations are much more efficient at trans-
ferring momentum and the corresponding roughness length is much larger.
Forests typically have rather large roughness lengths because of the tall trees
that comprise the forest and the many openings that allow air to penetrate into
the forest canopy. Interestingly, very dense forests where air cannot penetrate
readily down into the canopy can have a smaller roughness length than a more
open forest where the wind flow can more easily penetrate deeper into the can-
opy. In general, the roughness length is a function of the height of the surface
roughness elements, their density, and their flexibility. The roughness length in
general will increase with increasing height of the surface elements. The rough-
ness length will also increase with the increasing density of the surface elements
up to a point above which the roughness length will decrease as the density be-
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comes very high. Also the roughness length generally decreases with increas-
ing flexibility of vegetation, since the pressure force mechanism for momen-
tum transport will be more effective for rigid objects than for flexible objects.
As roughness increases, turbulence and vertical mixing rates increase. Garratt
(1977) and Oke (1978) provide typical values of z, for a wide range of surfaces.
Forests have values usually in the range of 1-6 m. By contrast, the roughness
height of short grass is of the order of 1 cm.

The logarithmic wind profile applies to the free atmosphere above the can-
opy. Within the canopy, the vertical wind speed gradient is dependent on the
structure and density of the canopy (Fritschen, 1985). Denser canopies are
characterized by lower wind speeds than more open canopies. The gradient
within the canopy has often been parameterized with an exponential function
(Cionco, 1965):

U(z) = U(h) exp[B(1 — 2/h)] (14)

where h = height of the canopy, and B is a parameter called the wind velocity
attenuation coefficient. For forest canopies, 8 is typically in the range of 2-5
(Cionco, 1978). These values of 8 indicate that wind speeds at the floor of a for-
est are a small fraction of values at the top of a forest, thus reducing ventilation
and ET rates.

Water vapor is to a first approximation a passive element in the surface mix-
ing process. When momentum is transported through friction, in which slow-
moving air molecules near surface objects are exchanged with faster moving air,
water vapor molecules are also exchanged. However, the transport of momen-
tum by the pressure force process does not result in exchange of air; therefore,
the transport of water vapor is less efficient than momentum transport.

III. ESTIMATION OF POTENTIAL
EVAPOTRANSPIRATION RATES

A. PENMAN—MONTEITH METHOD

1. General Formulation

The energy balance at the air-surface interface in nonprecipitating conditions
is usually written as

R,=IE+H+G (15)

where L = latent heat of evaporation (Jkg™'), E = water vapor flux
(kg m~?s7!), H = sensible heat flux (W m™?), and G = soil heat flux (W m™?),
as illustrated in Figure 7. Measurements of the energy budget and application
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FIGURE 7 Schematic of the components of the surface energy budget.

of this formula have focused both on the interface between the top of the can-
opy and the free atmosphere (denoted by superscript ¢) and on the forest floor—
atmosphere interface (denoted by the superscript s). This expression ignores
photosynthesis, heat storage in plant tissue and the canopy volume, and meta-
bolic activity, all of which tend to be smaller than the experimental error (<10%
of R,). Although this approximation is usually adequate and will be used in this
chapter, it is important to point out that heat storage in plant tissue and the
canopy volume can be significant in tall forests, particularly when net radiation
is low. For example, Denmead and Bradley (1985) made estimates of this stor-
age term for a mature Ponderosa pine (Pinus ponderosa) forest and found that
it usually represented >10% of the net radiation, nonnegligible if high accuracy
is required.
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The product LE is referred to as the latent heat flux. The latent heat flux is
usually directed upward from the surface to the atmosphere. However, at night,
condensation can occur, in which case the flow of moisture is toward the sur-
face; however, the values of condensation are usually much lower than evapo-
ration. Sensible heat flux (H) is usually directed upward into the atmosphere
during the day and downward toward the canopy at night. Likewise, the soil
heat flux is usually directed downward into the ground during the day and to-
ward the surface at night. The exact partitioning of radiative energy into these
components is dependent on meteorological factors, the characteristics of the
soils, and the characteristics of the fuel.

The sensible and latent heat fluxes are often parameterized in terms of the
near-surface gradients of temperature and vapor pressure as follows (Bonan,
1996):

H = pc,(0, — 6,)/r, (16)
and

pCp[ESS - 6]
ILE=——""—"—/
y(ra + 1)

where 0, = air potential temperature, 8; = potential temperature of surface,
es, = saturation water vapor pressure at the surface, y = ¢,P/(0.622L), p = air
density (kg m ), ¢, = heat capacity of air at constant pressure (J kg™' K™'),
r, = aerodynamic resistance (sm™'), r, = stomatal or surface resistance
(s m™), and P = pressure (hPa). T, and ¢ are measured at some standard height.
For the practical problem of estimating fluxes, these formulae are difficult to
apply because T, and es are not easily measured and thus not typically available
to make such estimates. Thus, many methods have been developed to estimate
fluxes from more readily available measurements. In particular, numerous for-
mulae have been developed to estimate “potential” evapotranspiration (PET)
rates (i.e., that which would occur if soil water were not limited and meteoro-
logical factors only limit the rate of ET). One of the most successful and widely
used of these is the Penman formula (Penman, 1948):
AR, = G) — pc,es — e)lr,

PET = 18
A+ (18)

a7

This equation was modified slightly by Monteith (1965, 1981) to produce the
following formula for actual evapotranspiration (AET):
AR, = G) + pc,es — e)lr,

AET = 19
A+ vyl + rfr,) (19

where A = d(es)/dT (hPa K™!). These formulae are quite accurate for a wide
range of meteorological conditions because they incorporate all the primary
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meteorological factors and are based on fundamental energy conservation prin-
ciples. The first term in the numerator, called the radiation term, accounts for
the direct absorption of radiative energy at the air—surface interface. The sec-
ond term in the numerator, the advection term, accounts for additional evapo-
ration due to ventilation of the surface (the variable r, incorporates the wind
speed; see the discussion that follows). This ventilation rate is primarily a func-
tion of the water vapor pressure deficit of the free atmosphere and the rate of
turbulent mixing, which is embodied in the variable 7,. It is important to note
that the water vapor pressure deficit used in Egs. (18) and (19) is that at a stan-
dard measurement height, not at the air—surface interface. These often are quite
different.

2. Aerodynamic Resistance

The rate of vertical diffusion of water vapor between the surface and the free
atmosphere is parameterized by r, and r,, using an analogy to electrical circuits
in Ohm’s law (Chapter 4 in this book) where the evaporation rate (current) is
determined by the water vapor pressure deficit (voltage difference) divided by
the inverse of the diffusion rate (resistance). The aerodynamic resistance (r,) is
inversely proportional to the rate of vertical mixing of air near the surface. In
general, it is a function of the wind speed, the roughness of the surface, and the
thermal stability of the near-surface atmosphere. The vertical profiles of tem-
perature and water vapor content follow a logarithmic dependence similar to
Eq. (12); r, can be derived from these logarithmic forms and expressed as

r{2) In{(z — d)/z} — ¥ul[In{(z — d)/20} — Ppn] (20

1
kZU( Z) [
where ¢, ,, is the stability correction for wind (m), temperature (h), or wa-
ter vapor {(w), depending on whether r, is used to estimate momentum, sen-
sible heat, or latent heat fluxes, respectively. This expression for r, is based on
a fundamental understanding of the nature of the turbulent near-surface atmo-
sphere, an understanding that is supported by numerous field experiments.
Strictly speaking, the general form for r, [Eq. (20)] is applicable to fluxes of
water vapor, heat, and momentum. However, as noted earlier, the efficiency of
water vapor and heat transport is less than that of momentum near the surface
because the pressure force does not act to transport water vapor and heat. In
essence, the resistance for water vapor and heat transport is larger than for mo-
mentum transport. This is sometimes referred to as the “excess” resistance. Ex-
perimental evidence indicates that the efficiency of water vapor transport is
similar to that of heat transport and these are usually assumed to be equal. Ex-
perimental observations (Chamberlain, 1968; Garrait and Hicks, 1973) have
shown that the magnitude of this excess resistance is dependent on the flexibil-
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ity of surface elements. Surface elements that are rigid, such as fallen logs, tree
trunks, etc., are efficient at exchanging momentum by the pressure force, and,
in this case, the difference between the efficiency of momentum and water vapor/
heat transport is large. By contrast, flexible surface elements, such as the leaves
of trees and grasses, are not very efficient at transporting momentum through
the pressure force because they bend in the wind. In this case, the efficiencies
for momentum and water vapor/heat transport are more nearly equivalent. A
variety of expressions have been developed to parameterize this effect. Perhaps
the most common and simplest approach is to assign a roughness length for wa-
ter vapor and heat transport that is smaller than that for momentum. The val-
ues of z, given previously are for momentum. For water vapor or heat, a typi-
cal value is z,,, = z,/7, where 2, is the roughness height for water vapor or heat
(Rowntree, 1991; Shuttleworth, 1991). However, experimental evidence sug-
gests that z,,, is not a constant for a particular surface and, in fact, varies with
environmental conditions (Blyth and Dolman, 1995; Hignett, 1994; Sun and
Mabhrt, 1995). Based on work by Zilitinkevich (1970), the relationship of 2, to
2o can be expressed as

Z UsgZ 0.45
In— = 0.13( ”;0) 1)

Zow

where v = kinematic viscosity of air with a value of about 1.5 X 107> m*s™ .

The quantity (uszy/v) is the roughness Reynolds number, which can be inter-
preted as the Reynolds number of the smallest turbulent eddy. In this relation-
ship, the ratio of z; to z,,, increases with increasing roughness and with increas-
ing wind speed (through u..).

The excess resistance can be incorporated in Eq. (20) as follows:

1
=—5——1 —d) zy} — ; —d)/ - 22
Ta(Z) kZU(Z)[ 1’1{(2 ) ZO} d’m][ I’l{(Z ) ZOW} (//h,w] ( )
A number of expressions have been derived for i, and ¢, ,,, based on field ex-
periments. These are often expressed as a function of a parameter known as the

Monin-Obukhov length (L,,,), defined as

u3 pc, T
L, = R (23)
kgH

where L,,, has the units of length and is similar to the gradient Richardson
number (Ri) in expressing the relative magnitude of wind shear forces to buoy-
ancy forces. When the absolute magnitude of sensible heat flux (H) is large com-
pared to the momentum flux, the absolute value of L,,,, is small, and vice versa.
The sign of L, is indicative of the stability (negative for unstable conditions,
positive for stable conditions). Commonly used expressions for the wind (i,,)
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and temperature/water vapor (¢, ,,) profile correction factors are (Paulson,
1970)

— 2tan"x + % forL,, <0 24)

forL,, >0 (25)

mo

where x = [1 — 16(z — d)/L,,,]®** and

nl(z — d)/Lu] = 21n| S+ (1 = 16(z — d)/Ln)*%} | for L, < 0
’ 2 (26)

l»[/h,w[(z - d)/Lmo] = _S(d - Z)/Lma for Lmo =0
Q27

3. Stomatal or Surface Resistance

The variable r, is the resistance of the surface to the transport of water vapor.
When r, > 0, the surface limits ET below that of the potential rate. For dead
fuels, this can be interpreted as inversely proportional to the rate of diffusion of
water to the surface of the fuel. When the diffusion rate is low, it is this factor
that controls ET rates, rather than the availability of energy and the rate of tur-
bulent mixing. For leaves, r, is the stomatal resistance. The stomatal resistance
reflects the physiological control on transpiration by the opening and closing
of stomates in the leaf which is part of the process of photosynthesis. A number
of meteorological factors influence the magnitude of ryincluding solar radiation,
soil moisture, water vapor pressure deficit, and temperature. Because it is de-
pendent on solar radiation, r, exhibits a pronounced and characteristic diurnal
dependence as stomates open and close in response to increases and decreases
in solar radiation. Stomates also respond to deficient soil moisture by partially
closing to conserve water. When soil moisture is not limiting, minimum val-
ues of r, are achieved in the middle of the day and are a function of the plant
type. Crops such as corn, soybean, and wheat typically have minimum val-
ues around 50 s m~', whereas forests have higher minimum values, typically
around 100 s m™" or greater (Rowntree, 1991).

Some recent experiments have provided a number of observations of r, ap-
plicable to forests. Blanken et al. (1997) found that daytime mean values of
stomatal resistance over an aspen forest varied widely, from about 50 to >200
sm™', with a typical daytime mean value of around 100 s m™'. Chang et al.
(1997) measured stomatal resistance values of 100-150 s m~! over a poplar
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(Populus trichocarpa X P. tacamahaca) forest. Baldocchi et al. (1997) measured
stomatal resistance over a boreal jack pine forest in Saskatchewan, Canada, and
found rather high values, generally in excess of 200 s m™' and often exceeding
500 s m~!. They also obtained measurements over a well-watered deciduous
forest. Values of stomatal resistance were in the range of 150-400s m™', some-
what lower than the jack pine forest. They argued that the high values of stoma-
tal resistance in the jack pine forest reflect an adaptation of the plant to an en-
vironment of relatively low water availability and limits on decomposition and
nutrient cycling in the boreal region where the jack pine measurements were
taken. There is also experimental evidence that stomatal resistance increases
when the above-canopy vapor pressure deficit exceeds approximately 10 hPa;
above this threshold, stomatal resistance varies in such a way that transpiration
remains relatively constant. This has been observed over an aspen forest (Hogg
et al., 1997), in tropical rainforests (Meinzer et al., 1993; Granier et al., 1996),
in temperate forests and woodlands (Lopushinsky, 1986; Price and Black, 1989;
Goulden and Field, 1995), and in a Holm-oak savanna (Infante et al., 1997). This
may reflect a physiological response of the plant to maintain leaf water poten-
tials above the point where plant damage would occur (Tyree and Sperry, 1988;
Sperry and Pockman, 1993; Goulden and Field, 1995; Goulden et al., 1997).

4. Application of Penman—Monteith Formulae

The practical application of Egs. (18) and (19) to estimate PET and AET is some-
times difficult because the required meteorological variables are often not avail-
able. For example, the routine hourly observations taken by National Meteo-
rological Services at airports do not include any components of the radiation
budget. By contrast, a number of specialized networks that have been estab-
lished by universities, state agencies, and other organizations do include mea-
surements of downward solar radiation and soil heat flux. However, even many
of these networks do not measure net radiation.

For this reason, practical application of Eq. (17) often requires estimation of
radiation components. Meyers and Dale (1983) developed a method to estimate
downward solar radiation from the cloud cover observations that are taken at
airports. Petersen et al. (1995) applied this method to develop an historical so-
lar radiation climatology for the midwestern United States. The following meth-
ods can be used to estimate R, if hourly solar radiation observations are avail-
able or if hourly cloud observations are available to estimate solar radiation
using the method of Meyers and Dale (1983) and Petersen et al. (1995).

A variety of investigators have found that simple regressions between R, and
Sq provide reasonably accurate estimates of R, with r* values greater than 0.9
(Shaw, 1956; Monteith and Szeicz, 1961; Fritschen, 1967; Nielsen et al., 1981;
Zhong et al., 1990; Pinker and Corio, 1984; Pinker et al., 1985; Kustas et al.,
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1994; Kaminsky and Dubayah, 1997). However, these studies have produced
widely varying regression coefficients. This suggests that the exact relationship
between R, and S; may be rather stable for a particular location but will vary
from location to location depending on other factors, probably including the
latitude, temperature and humidity climatology, and land-use. Even at a spe-
cific location, the relationship will likely vary with season. Use of this approach
is problematic because it may be uncertain which study’s regression coefficients
should be adopted.

A second method avoids some of these uncertainties by making independent
estimates of the longwave components of the radiation budget. In this method,
the net radiation R,, is calculated following Weiss (1983) by

R,=S41 —a) + F(l, — L) (28)
where F, is a function of cloud cover. I, is given by Brutsaert (1975) as
I, = 1.24(e/T,)* (o T?) (29)
where the units are hPa (e) and K (T,). I is estimated by
I, = 0.980T + (1 — 0.98)I, (30)
F_is given by
F. =04+ 0.6C; 31)

where C; = cloud transmission. Soil heat flux G is estimated as
G = 0.15R, (32)

This method is probably more accurate than the use of linear regressions be-
tween S; and R, but does require additional data (water vapor pressure, tem-
perature, cloud cover). Cloud cover data may not be readily available for non-
National Weather Service sites. Also, both I and I, are estimated using air
temperature at a standard height even though infrared emissions are deter-
mined by the surface temperature (for I;) and the air temperature above the site
(for 1,). This further reduces the accuracy.

Another approach to the estimation of PET and AET using the Penman
method has been developed by Doorenbos and Pruitt (1977). This publication
provides convenient tables and procedures, particularly for estimating the ra-
diation term.

B. RADIATION MODELS

Empirical studies have indicated that the left- and right-hand terms of the nu-
merator in Egs. (18) and (19) are correlated. There is a physical basis for this
finding since increasing radiation (left-hand side) will tend to increase the tem-
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perature and thus the atmospheric water vapor pressure deficit (right-hand
side). In humid climates, the left-hand term is typically much larger than the
right-hand term. This has led to a class of models to estimate PET from radia-
tion. Representative of this class is the Priestly-Taylor (1972) equation

PET = M (33)
- A+ vy

where a is an empirical constant to which they assigned a value of 1.26, based
on analysis of field data. Other studies have been performed to estimate ¢, and
most of them have found values near to that of Priestly and Taylor (1972) for
situations where stomatal resistance is low. However, values of a are often
somewhat lower for forests because of higher values of stomatal resistance. For
example, Blanken et al. (1997) measured a value of 1.22 over a hazelnut under-
story in an aspen forest. However, the average value of a above the forest can-
opy was only 0.91 with an upper limiting value of 1.11, indicating that sto-
matal control of forest transpiration substantially reduced actual evaporation
below the potential value that would be calculated using a standard value of
a = 1.26.

Although application of this model requires measurements of radiation, it
does not require measurements of humidity which is difficult to measure with
high accuracy. This is the main attraction of this class of models. It also does
not require estimates of the aerodynamic resistance and the associated uncer-
tainties in estimating surface parameters such as z, and d.

C. PAN EVAPORATION

Pan evaporation is measured at scattered stations around the world and pro-
vides a relatively straightforward approach to the estimation of PET. Its primary
attraction is that it is a direct measure of evaporation and integrates the effects
of all the meteorological controlling factors. The standard Class A panis 121 cm
in diameter and 25.5 cm deep. Data are obtained by measuring the depth of wa-
ter in the pan and subtracting {rom the previous day’s depth. Periodically, water
is added to the pan. This is a simple and straightforward measurement. How-
ever, pan evaporation data must be used with care because, in general, they pro-
vide an overestimate of water loss from vegetated surfaces due primarily to two
factors. First, the water volume and the pan itself absorb a greater fraction of
incoming solar radiation (has a lower albedo) than vegetation. This raises the
temperature of the water above the ambient air temperature and causes exces-
sive rates of evaporation. Second, the Class A pan is raised slightly above the
land surface which enhances the turbulent transport of water vapor from the
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water surface to the atmosphere. These factors cause pan evaporation to be typi-
cally 20 —40% higher than PET.

Correction factors, called pan coefficients, have been developed for the
United States by Farnsworth and Thompson (1982) and Farnsworth et al.
(1982). When applied to the pan evaporation data, these factors provide rea-
sonably accurate estimates of PET. For the United States, these factors are typi-
cally in the range of 0.65-0.8, the lowest values applying to the sunny regions
of the southwest and the highest values to the northern Great Lakes and west
coast. Doorenbos and Pruitt (1977) also provide procedures to estimate pan co-
efficients, given the general climatic regime of an area and the location of the pan.

D. TEMPERATURE MODELS

There is a correlation between temperature and radiation and also between tem-
perature and water vapor pressure deficit. This has been the underlying founda-
tion for development of models that require only temperature. One such model
is the Blaney and Criddle (1950) equation which provides monthly values of
PET in mm:

PET = C,D(0.46 T,, + 8) 34)

where C, = an empirically determined consumptive use coefficient, D =
monthly mean percentage of annual daytime hours of the year, and T,, = mean
monthly temperature in °C. Values ol C, have been determined for irrigated
crops and typically range from 0.6 to 0.9. This method has been applied widely
for irrigation applications in the western United States.

Thornthwaite (1948) developed a measure of PET that was used to classify
climatic regimes, defined as

(35)

10T, ¢
S

PET, = 1.6{
where
12
s= D (T,/5)"" (36)
m=1

and
a=675X107s~ 771 X 10 °s*+ 1.79 X 107%s + 0.49 37

where PET,, is the value of PET in ¢cm for month m and T,, is the mean tem-
perature (°C) for month m. This formula is reasonably accurate in the humid
eastern United States but underestimates PET in arid regions.
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The exact relationship between PET and temperature depends on general
climatic conditions, particularly arid vs. humid climates, and any temperature
model must be tailored to these conditions to minimize uncertainties and er-
rors. Even with care, such models will likely produce estimates with significant
errors when meteorological conditions are climatically unusual for a location.
The real attraction of such models is that temperature data are widely available.
However, their use is justifiable only when data are limited to temperature and
when accuracy requirements are not high.

IV. FUNCTIONAL DEPENDENCE
OF PET AND AET

The Penman-Monteith equation is used here to illustrate the dependence of PET
and AET on selected meteorological variables. Figure 8 illustrates the depen-
dence on temperature for selected values of dewpoint temperature and selected
nominal values for R, U, P, and r,. AET increases rather rapidly with tempera-
ture, primarily reflecting the increase in es with temperature. However, there is
also a contribution from the partitioning of net radiative energy between sen-
sible and latent forms of energy. As temperature increases, an increasing frac-
tion of net radiation is partitioned into latent heat energy. AET decreases with
increasing T, reflecting decreases in the saturation vapor pressure deficit.

0.14

0.124
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FIGURE 8 The dependence of the actual evapotranspiration on temperature for values of dew-
point temperature of 0°C, 10°C, and 20°C. Nominal values of R, = 400 Wm 2, U=5ms ', P =
1000 hPa, and r, = 100 s m~ ! were used to make these calculations with Eq. (19).
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FIGURE 9 The dependence of the actual evapotranspiration on wind speed for values of dew-
point temperature of 0°C, 10°C, and 20°C. Nominal values of R, = 400 Wm ™%, T = 30°C, P =
1000 hPa, and r, = 100 s m ™! were selected for these calculations using Eq. (19).

Figure 9 illustrates the dependence on wind speed for selected values of T,
and nominal values for R, T, P, and r,. There is a linear dependence on wind
speed. The sensitivity to wind speed increases with decreasing T, (increas-
ing water vapor pressure deficit). For these nominal values, the radiation term
alone is about 0.047 mm hr™! (y intercept). The advection term can be compa-
rable to, or even exceed, the radiation term for moderate wind speeds and low
values of T,.

The dependence of AET and PET on temperature for selected values of r, is
illustrated in Figure 10. The curve for r, = 0 indicates PET. As r, increases,
AET decreases below PET. At higher values of r,, the rate of change in AET with
increasing temperature is rather small. This illustrates that, as the surface re-
sistance increases, AET rates become less dependent on atmospheric forcing
and more dependent on the characteristics of the fuel that determine the sur-
face resistance.

Figures 8-10 illustrate that AET is a sensitive function of temperature, at-
mospheric water vapor content, wind speed, and stomatal or surface resistance.
The use of the Penman-Monteith equation [Eq. (19)], which incorporates all of
these variables, provides a suitable framework for accurate estimation of AET.
By contrast, simpler approaches, such as the radiation or temperature models,
do not incorporate all these variables and may result in large errors under cer-
tain conditions.
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FIGURE 10 The dependence of actual evapotranspiration on temperature for values of r, = 0,
50sm™', 100 s m™", and 300 s m~'. Nominal values of R, = 400 Wm 2, T, = 10°C,U = Sms/,
and P = 1000 hPa were selected for these calculations using Eq. (19). The curve for r, = 0 is the
potential evapotranspiration.

V. CHARACTERISTICS OF PET

The drying of forest fuels is related to the relative magnitudes of AET and of the
amount and frequency of precipitation events. Long-term measurements of
AET are not widely available. However, AET is approximately equal to PET
when soil moisture levels are high. Even under deficient soil moisture levels,
AET usually varies proportionally with PET. Therefore, an analysis of PET,
which can be estimated from the standard meteorological observations avail-
able at many locations, provides insight into factors that affect forest fire risk.

A. SEASONAL CYCLE

The seasonal variation of PET is a key factor in determining the risk of forest
fires. Of particular importance is the relative magnitude of PET compared to
precipitation. When PET exceeds precipitation, soil moisture can be depleted,
and both live and dead fuels can lose moisture content, increasing the risk of
fires. Figure 11 shows the seasonal cycle of PET at International Falls, Minne-
sota, based on the Penman-Monteith formula using the methodology described
earlier to estimate R,,. The climate at this location can be classified as humid.
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FIGURE 11 Annual cycle of average monthly potential evapotranspiration (solid) and total pre-
cipitation (dashed) for International Falls, Minnesota, based on 1961-1990 data.

Values of PET are quite low during the colder half of the year, rising rapidly
during the spring and reaching a peak in mid summer. Precipitation exceeds
PET during much of the colder half of the year, but during the late spring and
summer months PET exceeds precipitation, on average. As a result, there is nor-
mally a depletion of soil moisture during the summer months. Often, the high-
est fire danger occurs in mid to late summer in this area, when soil moisture
has reached its climatological minimum. The drying of dead fuels is not as sen-
sitive to total precipitation as it is to the number of days with precipitation. This
variable remains high through the summer months with about one day in three
receiving some precipitation.

Variations in climatic conditions from year to year can be significant. Fig-
ure 12 shows monthly PET and precipitation at International Falls during 1980.
During a very dry spring, PET exceeded precipitation substantially, resulting in
early depletion of soil moisture. This can enhance the danger of spring fires be-
fore vegetation has broken dormancy when it is more flammable.

B. ELEVATION DEPENDENCE

In mountainous regions, PET decreases with increasing elevation, primarily be-
cause of the dependance of temperature on elevation. During summer, tempera-
ture decreases on average by about 6°C km™ in much of the western United
States and Canada. Even though actual water vapor pressure also decreases with
height, the saturation vapor pressure usually decreases more rapidly, leading
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FIGURE 12 Monthly potential evapotranspiration (solid) and total precipitation (dashed) for In-

ternational Falls, Minnesota, during 1980.

to a decrease in water vapor pressure deficit with increasing height. In addi-
tion, mountainous areas usually experience more cloudiness, reducing the net

radiation.

An example is shown in Figure 13, which compares PET (estimated from
pan evaporation data) at Flagstaff, Arizona (el. 2110 m) and Phoenix, Arizona
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FIGURE 13 Annual cycle of monthly average potential evapotranspiration (¢cm) for Flagstaff, Ari-

zona (light) and Phoenix, Arizona (dark).



332 Kenneth E. Kunkel

(el. 323 m). The differences are due to both lower temperatures and more
cloudiness at Flagstaff compared to Phoenix.

C. TorPOGRAPHIC EFFECTS

Topographical effects can cause significant local variations in the surface energy
budget, specifically incoming solar radiation. South-facing slopes will receive
substantially greater amounts than north-facing slopes. These differences are
dependent on the latitude and the time of year. Oke (1978) presents estimates
of direct-beam solar radiation for a latitude of 40° at the time of the equinoxes
and the solstices. He shows that differences between south-facing and north-
facing slopes are smallest at the time of the summer solstice and largest at the
winter solstice. Figure 14 shows an estimate of the ratio of solar radiation on a
30° south-facing slope to the radiation on a horizontal surface as a function of
time of year at a latitude of 40°N, based on Jordan and Liu (1977). The ratio
is highest at the winter solstice and is greater than 1 through most of the year.
However, the ratio is actually less than 1 around the time of the summer solstice,
indicating that a horizontal surface receives slightly more solar radiation than
a 30° south-facing slope.

Measurements by Aisenshtat (1966) in the Turkestan Mountains (41°N)
during September also illustrate the effect of slope. In this case, R, was nearly
three times as great on a 33° south-facing slope as a 31° north-facing slope.
Evapotransporation was nearly twice as large on the south-facing slope.
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FIGURE 14 Annual cycle of the ratio of monthly average solar radiation on a 30° south-facing
surface to solar radiation on a horizontal surface at a latitude of 40°N.
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It is obvious that slope can have a large effect on fuel moisture content and
fire risk. Fuels on south-facing slopes will, in general, tend to have lower mois-
ture contents than those on north-facing slopes.

D. UNDERSTORY ET

Within a forest canopy, both radiation and ventilation are reduced by canopy
shielding, as described earlier. Observations indicate that the magnitude of un-
derstory ET varies widely depending on the density of the understory, the type
of understory vegetation, and soil moisture. Black and Kelliher (1989) reviewed
field experiments and found that the ratio of understory ET to total ET varied
from <0.05 to >0.50. Denmead and Bradley (1985) obtained measurements in
a 16-m-high mature Ponderosa pine forest and found that understory ET was
<20% of total ET. Furthermore, they found that much of the understory ET oc-
curred from intermittent gusts of wind that ventilated the canopy. Baldocchi
and Meyers (1991) measured ET at the floor of a deciduous forest and reported
on the average diurnal dependence during spring and fall. Their daily average
values peaked at about 25 W m™?, or only about 0.04 mm hr™". Black and Kel-
liher (1989) reported that the ratio of understory to total ET often increases as
soil moisture decreases, perhaps reflecting increases in stomatal resistance of
the overstory trees as soil moisture decreases.

VI. NEAR-SURFACE ENVIRONMENT

Chapter 4 in this book describes the relationship of the moisture content of dead
fuels to relative humidity and temperature. As illustrated in Figures 4-13, the
equilibrium moisture content is strongly dependent on the environmental con-
ditions experienced by the fuel. Routine meteorological observations are taken
at standard heights. For example, in the United States the standard height for
measurements of maximum and minimum temperature in the National Weather
Services’s Cooperative Observer Network is 1.5 m. However, the actual mete-
orological conditions at the fuel surface are often quite different because large
vertical gradients are a common feature of the near-surface atmosphere, due to
the momentum, heat, and water vapor exchange that occurs at the air—surface
interface. These gradients can be particularly large for ground-based fuels. A
critical factor in determining the magnitude of the vertical gradients is the na-
ture of diffusion and mixing. Within the laminar sublayer, the mixing rates are
determined by molecular diffusion. Because this is quite slow, the vertical gra-
dients are largest in this laminar sublayer. Above the laminar sublayer, mixing
rates increase rapidly because the atmosphere is turbulent. Immediately above
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FIGURE 15 Vertical profiles of wind, temperature, water vapor pressure, and relative humidity
for H=300W m *and LE = 150 Wm .

the laminar sublayer, the size of turbulent eddies is restricted by proximity to
the surface. The dominant size of eddies becomes larger as the distance from the
surface increases. Thus, turbulent mixing rates tend to increase with height. As
a consequence, the vertical gradients gradually decrease with height.

Above the laminar sublayer, the logarithmic profile that applies to the height
dependence of wind speed is also observed for temperature and water vapor
content. The exact dependence is a function of the magnitude of the fluxes of
heat, momentum, and water vapor, as well as the characteristics of the surface,
particularly the roughness height. Figure 15 shows the vertical profiles of tem-
perature, humidity, and wind for typical mid-summer conditions over a surface
that is not shielded by a forest canopy. These profiles have been calculated us-
ing empirically determined formulae that include the effects of stability (Panof-
sky and Dutton, 1984). As can be seen, the vertical gradients are large near the
surface, gradually decreasing as height increases. Although both temperature
and water vapor content increase as the surface is approached, the net effect is
a decrease in relative humidity because of the exponential dependence of satu-
ration water vapor pressure on temperature.

Figure 15 does not show what happens across the laminar sublayer. For tem-
perature, observational evidence shows that the gradients can be very large. This
is not surprising since exchange of heat occurs through molecular diffusion.
Figure 16 shows an example of the diurnal dependence of the temperatures of
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FIGURE 16 Temperature (°C) of the ground surface and the atmosphere at a height of 2 m on
June 6, 1992, for a semiarid grassland (dark) and for a potato field (light) in eastern Oregon.

the surface and of the atmosphere at a height of 2 m for a semiarid grass range-
land. The temperature difference peaks at solar noon with values in excess of
30°C. This is probably typical of ground fuels. Figure 16 also shows the tem-
perature difference for a nearby irrigated potato field. By contrast with the dry
rangeland, the temperature difference over the potato field never exceeds 10°C.
This contrast reflects two factors that influence this gradient. First, the range-
land is very sparsely vegetated, and momentum transport occurs largely by in-
teractions with the solid, nonflexible ground surface rather than with the sparse
grass. In the potato field, the atmospheric interactions are primarily with the
flexible plants. Thus, the “excess” resistance to heat transport is higher for the
rangeland than for the potato field, supporting a larger temperature gradient.
The second factor is the aridity of the surface and the partitioning of net radia-
tion into latent and sensible heat fluxes. The rangeland was quite dry, and most
of the available energy was partitioned into sensible heat flux. In the irrigated
potato field, latent heat flux was higher than sensible heat flux. Thus, evapora-
tive cooling of the surface was significant in the potato field, reducing the tem-
perature gradient.

Following Eq. (16), the surface potential temperature can be expressed as a
function of the sensible heat flux, stability, wind speed, and surface roughness
length, similar to Zeng and Dickinson (1998), as

6, = 0(z) + Hr—(z) (38)
P

where r,(z) takes the form of Eq. (22).
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Measurement of the surface temperature is relatively straightforward using
small in situ probes or infrared thermometry. However, measurement of the sur-
face water vapor content is much more difficult and such measurements have
not been reported. It seems likely that the trends indicated in Figure 15 would
continue across the laminar sublayer; that is, there is likely to be a substantial
decrease in relative humidity at the fuel surface corresponding to the increase
in temperature shown in Figure 16. Thus, ground-based fuels that are exposed
to the sun experience a considerably lower relative humidity during daytime
than what would be indicated by measurements at a standard measurement
height. The surface water vapor content can be expressed in a similar manner
to Eq. (36) as

LEr,(2)
pS

es = e(z) + (39)

VII. MODELS OF LAND-
SURFACE INTERACTIONS

The preceding sections illustrate some of the complexities involved in describ-
ing mathematically the interactions of the atmosphere with the land surface
and how these interactions affect drying of fuels. A great deal of effort has been
devoted within the atmospheric sciences community to the development of
mathematical models and associated computer software packages that can be
used to describe the temporal behavior of surface fluxes of heat, momentum,
and water vapor and their dependence on meteorological conditions and land
surface conditions. Some of these have been developed into community mod-
els that are available to interested researchers. A brief description of their capa-
bilities, structure, and limitations is given here. In recent years, there has been
a systematic effort to improve these models through intercomparisons among
these models and comparisons with field studies (T. H. Chen et al., 1997). This
has led to significant model improvements.

The discussion here will focus on two models, the Biosphere-Atmosphere
Transfer Scheme (BATS) (Dickinson et al., 1981, 1986, 1993) and the Land Sur-
face Model (LSM) (Bonan, 1996). Both of these are community models available
through the National Center for Aunospheric Research (NCAR). Most other
models share many of the features of these two models. These models are quite
complex, which precludes a comprehensive description. The modeling of one
of the simpler cases, bare ground, will be described. This case can be applied to
the problem of modeling the environmental conditions (temperature and rela-
tive humidity) experienced by a duff layer, including the diurnal dependence
of those conditions.
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In the absence of snow cover, the ground surface energy budget can be writ-
ten as follows by combining Egs. (3) and (15):

S{(1—a)+L,-—H—-LE—-G=0 (40)

Several of these terms are directly or indirectly a function of the surface tem-
perature, T,. To specify the surface fluxes, a value of T, must be found that sat-
isfies Eq. (40). The upward longwave radiation, I, is parameterized by Eq. (2).
The sensible heat flux, H, is parameterized by Eq. (16). The expression for la-
tent heat flux {Eq. (17)] does not explicitly contain T, but is parameterized in
the BATS model as

LE = Lpb[qs(rs) - q]/ra (41)

where ¢(T,) is the saturated specific humidity at the surface temperature and b
is a soil wetness factor which ranges from 1 when the soil is wet to 0 when it is
dry. This expression for LE is a function of T,. To determine the ground heat
flux at the surface, G(0), it is necessary to solve for the heat flow in the soil.
This is described next. Once this is solved, G can be parameterized as follows:

2K (T, — T,
G(O) = _gl(E‘ﬂ) (42)

where T, and Az are the temperature and thickness, respectively, of the first
soil layer and K, is the thermal conductivity (W m™" K™") of the first soil layer.

If Sy and I, are specified (e.g., they are assumed not to be a function of T,),
the surface temperature can be solved using the preceding parameterizations
for I, H, LE, and G as functions of T,. Since these forms contain higher order
polynomials, exponential functions, and other complex functions, it is not pos-
sible to find an analytical solution. In the LSM (Bonan, 1996), T, is found by it-
eratively solving the equation

+_

o, 9H OLE  aG
e+ — AT, =0
9T, 9T, T, 0T,

Sd(l—a)+1a—IS—H~LE—G——<
(43)

where AT, = T:"! — T7 and the superscript n indicates the iteration. The time
step for solution of this equation is for the order of 1 h or less.

The soil temperature profile is determined by discretizing the soil column
into multiple layers. The soil heat flux at depth z is
8T,

" (44)

G(z) = Ky(z)
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One-dimensional energy conservation requires that
oT 9

8 oI,
pg(Z)Cg(Z)§ - az|:Kg(Z) az J (45)
where p,(z) and ¢,(z) are the soil density and soil heat capacity, respectively, at
depth z. In the LSM, six layers of geometrically increasing thicknesses (10, 20,
40, 80, 160, and 320 cm) are used. Equation (45) is solved by numerical meth-
ods for T, with the boundary conditions that G(z) = 0 at the bottom of the soil
column.

The volumetric soil water content affects the density and heat capacity of the
soil and the latent heat flux, as expressed in the parameter b [Eq. (41)]. Thus,
accurate estimation of the surface temperature requires calculation of soil wa-
ter. The soil water budget must account for the movement of water vertically
and for ET and precipitation at the soil-atmosphere interface. In the LSM, the
change in soil water content due to the movement of water is based on the Rich-
ards equation:

v, 9 vV, oV,
=—| Kyl — + 1 (46)
at a2 dz dV,

where V, is the volumetric soil water content (mm?® mm™>), K;; is the hydraulic
conductivity (mm s™'), and W, is the soil matrix potential (mm). This equa-
tion is combined with the accounting for evaporation and precipitation and nu-
merically implemented for the six-layer soil column to solve for volumetric soil
water.

This system of equations [Eqs. (40)—(46)] can be used to simulate the diur-
nal dependence of surface temperature and humidity, given a knowledge of ex-
ternal meteorological forcing. It is important to specify properly key parameters
such as p,(2), ¢,(2), ky(z), and Ky(z), since these can be quite different for or-
ganic layers compared to mineral soils. The multilayer modeling of the soil col-
umn in LSM and many other models provides a convenient framework for mod-
eling the commonplace situation of an organic layer overlying a mineral soil.

The modeling of the surface energy budget is much more complex when a
vegetative canopy is present and will not be described in detail here. In general
terms, models such as BATS and L.SM break this system into four major com-
ponents: the plant, the atmosphere above the canopy, the atmosphere within the
canopy, and the ground surface. They then explicitly account for interactions
between the vegetation and the within-canopy air volume, between the within-
canopy air volume and the ground surface, and between the within-canopy air
volume and the atmosphere above the canopy. Radiation exchange can occur be-
tween the atmosphere and the plants, between the atmosphere and the ground
surface (through gaps in the canopy overstory), and between the plants and the
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ground surface. Exchange of heat and water vapor occurs between the plants
and the within-canopy air volume, between the within-canopy air volume and
the ground surface, and between the within-canopy air volume and the atmo-
sphere above the canopy. Each of the processes is parameterized, and a set of
state variables for each component of the system is calculated.

In addition to the modeling of radiative and sensible fluxes, another impor-
tant process that is parameterized by these models is the interception of pre-
cipitation by the canopy. This can be very important in forest canopies where
the surface area of the vegetation is very large. Rain will coat the vegetation with
a film of water before water will fall to the ground. This water can then evapo-
rate and return to the atmosphere. This process typically reduces the amount
of rain reaching the ground surface by 10-50%. The BATS and LSM models ex-
plicitly track the storage of water on vegetative surfaces. The maximum value
of this storage is assumed to be a linear function of the stem and leaf area of the
vegetative canopy.

Pressing research problems, particularly the need to accurately model future
climate change, are motivating work to improve these models. The ecological
researcher can benefit from these advances by applying current and future land
models to simulate the environmental conditions experienced by fuels.

VIII. REMOTE SENSING OF
THE SURFACE ENERGY BUDGET

There often exists substantial spatial variability in the surface energy budget,
arising from spatial variations in a number of conditions, including precipita-
tion distribution, soil water holding characteristics, and vegetation character-
istics. Thus, point measurements of the surface energy budget may be repre-
sentative only of a relatively small area surrounding a measurement site. Also,
comprehensive measurements of the components of the surface energy budget
are taken at very few sites because of the cost and difficulty. For these reasons,
there has been considerable research investigating the use of remote sensors on
airborne or satellite platforms to make such measurements.

One widely used technique relies on the parameterization of H expressed in
Eq. (16). In this relationship, H is proportional to the difference in temperature
between the surface and the overlying atmosphere. Thermal infrared measure-
ments are routinely obtained by several satellites, providing an estimate of the
surface radiative temperature (T;). The air temperature (T,) can be estimated
from the surface observing network. The aerodynamic resistance (r,) must be
estimated, requiring values for the roughness height and wind speed. Thus,
some knowledge of the characteristics of the surface is necessary.
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The latent heat flux (LE) is often estimated as a residual of the terms in
Eq. (15). This requires an estimate of the radiative terms in Eq. (3). Values of
Ssand albedo can be retrieved from geostationary satellites (Tarpley, 1979; Gau-
tier et al., 1980; Diak and Gautier, 1983) using methods in which cloudiness is
the major factor modulating solar radiation at the surface. The infrared radia-
tion terms (I, and I;) can be estimated from thermal radiation satellite measure-
ments. The soil heat flux (G) is usually small compared to H and can be esti-
mated with sufficient accuracy using a combination of the measurement of T
and a model, such as Eq. (42).

Although the basic approach (Jackson et al., 1977; Seguin and Itier, 1983)
for estimating H has changed little, there have been a number of variations, re-
sulting in a rather large number of models (Olioso et al., 1999; Schmugge and
Becker, 1991). These models have been somewhat successful in providing large-
scale estimates of H and LE (Lagouarde, 1991).

The accuracy of remote sensing estimates of surface fluxes using thermal IR
measurements is limited by the precision of the measurement of T,, which is of
the order of 2-3 K. In many situations, the temperature difference (T, — T,) is
of the same order of magnitude. In these situations, the estimates of the surface
fluxes are not highly accurate. Typically, under the best circumstances, the sen-
sible heat flux can be estimated to within =30 W m™? (Seguin et al., 1999). A
complication arises when the surface is partially covered with vegetation. Often,
the vegetative elements and the bare ground have very different radiative tem-
peratures. Intercomparison of some of these models suggests that, with partial
vegetative cover, separate accounting for the fluxes from the bare ground and
from the vegetative elements provides superior results (Zhan et al., 1996). Es-
timates of vegetative cover using the Normalized-Difference Vegetation Index
(NDVI) can provide more accurate estimates of the components of the surface
energy budget (Boegh et al., 1999; Inoue and Moran, 1997).

There has also been a significant amount of work investigating the use of re-
mote sensors to estimate surface soil moisture. One approach relies on passive
microwave radiometry. The surface brightness temperature in the microwave
portion of the spectrum is a highly sensitive function of volumetric soil mois-
ture. Aircraft measurements using microwave radiometers have achieved ac-
curacies of =3% in measurement of the volumetric soil water ( Jackson et al.,
1995). One limitation of passive microwave approaches is that satellite sensors
can achieve only rather crude resolution (10-30 km). Another proposed ap-
proach utilizes active microwave sensors which can obtain multifrequency,
multipolarization data at rather high spatial resolution. This approach shows
promise of achieving accurate estimates of soil moisture at high resolution
(Bindlish and Barros, 2000).

Despite some of the limitations and uncertainties, remote sensing of the sur-
face energy budget holds potential as a tool to assess the variability of fuel mois-
ture on regional scales (1-100 km).
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IX. FIRE WEATHER RATING SYSTEMS

Fire weather rating systems incorporate measures of drying that reflect the
physical basis for ET described in this chapter. To illustrate this, the United
States and Canadian rating systems are briefly discussed.

A. UNITED STATES

The National Fire Rating System of the United States is based in part on indices
of the fuel moisture of both dead and live fuels. The relationships among en-
vironmental conditions and fuel moisture are empirically based. The drying of
dead fuels under constant conditions is assumed to follow an exponential de-
cay curve. Dead fuels are stratified into four categories of time response: 1, 10,
100, and 1000 h. A key concept in this system is the equilibrium moisture con-
tent (EMC) which is the “moisture content dead fuels would obtain if left in a
steady state environment long enough to obtain equilibrium (no net moisture
exchange)” (Bradshaw et al., 1983). The EMC is calculated from temperature
and relative humidity using regression equations developed by Simard (1968).
These equations are

EMC =
0.03299 + 0.281073 RH  — 0.00058 RH T RH < 10
222749 + 0.160107RH  —0.0148 T 10 < RH < 50

21.06060 + 0.005565 RH* — 0.0035 RH T — 0.483199 RH RH > 50
47)

Figure 17 shows this relationship as a function of RH for various values of tem-
perature, indicating that the EMC is highly sensitive to RH and slightly sensi-
tive to temperature.

An important consideration in the application of the preceding formula is
that the relative humidity and temperature values are those at the surface of
the dead fuel, not at the normal observational height of instruments. As noted
in the previous section, these values can be quite different, particularly during
sunny daytime conditions. To account for the near-surface gradient, the rating
system uses adjustment factors that are applied to the observed temperature and
relative humidity; these are a function of sky cover conditions and are shown
in Table 1 (Bradshaw et al., 1983). As this table shows, the adjustment for tem-
perature and relative humidity are large under sunny conditions but quite con-
sistent with observations, as illustrated in Figures 15 and 16. These adjusted
factors are used in the EMC regression equations. These corrections are applied
to mid-afternoon observations when relative humidity reaches its minimum
value and fuel moisture content would be at a minimum.
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FIGURE 17 Equilibrium moisture content (%) of dead fuels as a function of relative humidity for
values of temperature = 10, 30, and 50°C as calculated in the U.S. National Fire Rating System.

For 1- and 10-h fuels, mid-afternoon observations are used to estimate fuel
moisture content. This reflects the substantial variation of RH within the daily
cycle (Figure 5) and the need to incorporate this into the rating system for fast
response fuels. To compute fuel moisture content for 100-h fuels, a weighted
24-h average EMC value is used; this is calculated from the day’s maximum and
minimum temperature and maximum and minimum relative humidities. For
1000-h fuels, EMC is averaged over 7-day periods.

Two types of classes are used for live fuels: grass forbs and woody shrubs. The
system’s developers found that the 1000-h fuel moisture function responded
to meteorological conditions in a similar fashion to that expected for live fuel.
The system thus applies this function to estimate live fuel moisture. Of course,
plants are adapted to their environment. Those adapted to drier conditions tend
to use moisture more slowly than those adapted to wetter conditions. Thus, the
fire danger rating system uses parameters that are a function of climatic zone, as

TABLE 1 Temperature and Relative Humidity Adjustment Factors
for Calculation of Equilibrium Moisture Content

Fractional Temperature Relative humidity
sky cover adjustment (°F) adjustment
0.0-0.1 +25 X 0.75
0.1-0.5 +19 X 0.83
0.5-0.9 +15 X 0.91

09-1.0 +5 X 1.0
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determined by the Thornthwaite climate classification scheme. In this system,
there are four climate classes: arid and semiarid, subhumid, humid, and wet.

B. CANADA

The Canadian Forest Fire Weather Index System (Van Wagner, 1987) uses
three separate indices for three distinct dead fuel classes:

1. Fine Fuel Moisture Code (FFMC), which represents the moisture con-
tent of litter and other fine fuels, with a time lag of less than one day.

2. Duff Moisture Code (DMC), which represents the moisture content of
loosely compacted organic matter, with a time lag of 12 days.

3. Drought Code (DC), representing a deep layer of compact organic mat-
ter with a time lag of 52 days.

There are a number of basic similarities between the Canadian system and
the U.S. system, although some of the functional relationships are different. In
the Canadian system, an equilibrium moisture content is calculated which is a
function of relative humidity and temperature. This is used in the computation
of the FFMC. The functional dependence exhibits hysteresis; specifically, the
equilibrium moisture content is lower during wetting than during drying. Fuel
moisture content approaches the equilibrium value in an exponential manner,
much as in the U.S. system. The rate of change is a function of wind speed, rela-
tively humidity, temperature, and (in the case of the DMC and DC) the day
length (which is a surrogate for radiation). Thus, all the major meteorological
factors that affect ET are incorporated in an empirical manner.

The DMC uses a constant equilibrium moisture content of 20%. The rate of
drying is a function of temperature, relative humidity, and an empirical day
length factor. This function does not include any wind speed dependence. This
is a reflection of the control on ET by surface resistance (r,). When r, is large,
the aerodynamic resistance, which incorporates the wind speed dependence, is
relatively less important. Evaporative drying for the DC index is based on an
estimate of potential evaportransporation which is calculated from an empirical
function of noon time temperature and a day length factor.

NOTATION
ROMAN LETTERS

a albedo dimensionless

A B, C constants used in formula relating es to T
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€s

EMC
ET

o~

PET

PET,,

soil wetness factor (0-1)

heat capacity of air at constant pressure
heat capacity of the soil

cloud radiation transmission

empirically-determined consumptive use
coefficient

displacement height

monthly mean percentage of annual daytime
hours of the year

atmospheric water vapor pressure

saturation value of atmospheric water vapor
pressure

water vapor flux
equilibrium moisture content

evapotranspiration

function relating net infrared radiation to cloud

cover
soil heat flux

height of the vegetative canopy
sensible heat flux

infrared radiation

von Karman constant (= 0.4)
thermal conductivity of the soil
soil hydraulic conductivity
latent heat of evaporation
Monin-Obukhov length

air pressure

reference level pressure

potential evapotranspiration

accumulated value of PET for month m

specific humidity
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m?s 2 K!
Jkg—l K—I

dimensionless

m
%

hPa

hPa
kgm™?s7!
%
kgm™2s7!,
Wm 2 or
mm h!

dimensionless

Wm 2

m

Wm™?
Wm?
dimensionless
Wm™'K!

mms~!

Jkg!

m

hPa

hPa

Wm ?or
mmh™!
cm

kg H,O/kg
moist air
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vs

resistance

net radiation

relative humidity

gradient Richardson number

downward solar radiation at the earth’s surface
temperature

dew point temperature

mean monthly temperature

friction velocity

wind speed at height z

atmospheric water vapor mixing ratio
saturation water vapor mixing ratio

volumetric soil water content
height above ground surface or depth in soil
roughness length for momentum transport

roughness length for water vapor transport
g g p P

GREEK LETTERS

R

e R o bW

“

<

B

empirical constant used in Priestley-Taylor
formula for PET

wind velocity attenuation coefficient
des/dT

emissivity

¢, PI(0.622L)

kinematic viscosity of air

soil matrix potential

vertical profile adjustment factor for tempera-
ture, wind, and water vapor

air density
Stefan Boltzmann constant (5.67 X
108 Wm ?K ™)

potential temperature
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sm™!

Wm 2

%
dimensionless
Wm 2
°C

°C

°C

ms !

ms !

kg H,O/
kg dry air
kg H,0O/
kg dry air

mm’® mm >

dimensionless

hPa K!
dimensionless
hPaK™'
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mm

dimensionless

3

kgm™
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SUBSCRIPTS

a  air or aerodynamic
g  soil

h  temperature
m

wind

w

surface of soil or vegetative canopy

w water vapor
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